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Abstract
Banded Iron Formations (BIFs) are ancient marine chemical sediments that contain various Fe-bearing minerals such as
hematite (Fe2O3), magnetite (Fe3O4), siderite (FeCO3) and a variety of FeII-/FeIII-silicates. The prevailing opinion is that primary Fe(III) (oxyhydr)oxides, such as ferrihydrite (simpliﬁed formula of Fe(OH)3), were precipitated from the ocean’s photic
zone by marine plankton, and a fraction of these minerals was subsequently transformed into secondary magnetite and siderite by dissimilatory Fe(III)-reducing bacteria (DIRB). However, aside from broad estimates, it is currently unknown what
fraction of the primary Fe(III) minerals was sedimented to the seaﬂoor where it was eventually lithiﬁed, and what fraction
was reduced by DIRB in the water column, thus forming a microbial Fe cycle in the water column. To test this, we conducted
Fe cycling experiments with marine phototrophic Fe(II)-oxidizing bacteria and DIRB under conditions mimicking the Precambrian ocean water column with elevated Fe(II) and Si concentrations. We followed secondary mineral formation over
three consecutive redox cycles (oxidation followed by reduction) over a time interval of up to 58 days to determine which
mineral phases would ultimately have settled as BIF forming sediments. We used wet geochemical methods to follow Fe speciation, measured dissolved silica and volatile fatty acid (VFA) concentrations, determined cell-mineral associations using ﬂuorescence and electron microscopy, and characterized the mineralogy of the precipitates using 57Fe-Moessbauer spectroscopy
and X-ray diﬀraction (XRD). Our results showed that both the absence of silica and an increasing number of Fe cycles
favored the formation of more crystalline minerals, such as goethite (a-FeOOH). However, in the presence of high concentrations of monomeric silica, as suggested for ancient oceans (2.2 mM), only short-range ordered (SRO) Fe(III) minerals such
as ferrihydrite were observed. These did not transform into the more thermodynamically stable goethite during repeated Fe
cycling. Interestingly, no magnetite formed in any of the setups. Instead, increasing Si concentrations favored the formation of
increasing quantities of Fe(II) minerals. Microscopy revealed a tight association between microbial biomass and minerals
formed. Dissolved silica analysis showed the removal of Si from solution congruent with Fe(II) oxidation and a release of
Si during Fe(III) reduction. Together, these results suggest an important role of co-precipitated biomass as well as silica
for secondary mineral formation by either constraining crystal growth and/or inhibiting Fe(II)-induced mineral transformation. Overall, our results imply that microbial Fe cycling during settling of primary ferrihydrite through the photic zone in a
Precambrian ocean would have resulted in the partial transformation of ferrihydrite into secondary Fe(II) mineral phases in
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the water column. This would have resulted in the accumulation of mixtures of a ferrihydrite-silica composite and Fe(II) minerals in the initial BIF forming sediments.
Ó 2022 Elsevier Ltd. All rights reserved.
Keywords: Photoferrotrophy; Ferrous iron oxidation; Ferric iron reduction; Fe(III) minerals; Secondary mineral formation; Fe cycling;
Banded Iron Formations

1. INTRODUCTION
The geochemistry of the Archean to early Paleoproterozoic ocean was fundamentally diﬀerent from the modern
ocean. Prior to the Great Oxidation Event (GOE) between
2.46 and 2.22 billion years ago (Gumsley et al, 2017;
Poulton et al., 2021), when the Earth’s atmosphere accumulated signiﬁcant levels of oxygen for the ﬁrst time (Lyons
et al., 2014), the bulk ocean was essentially anoxic with
O2 concentrations below 1 mM (Olson et al., 2013;
Hardisty et al., 2014). However, the water column above
some continental shelf areas may already have been fully
oxygenated 100 million years earlier (Kendall et al., 2010;
Ostrander et al., 2019). Low O2 in the bulk oceans, in combination with low sulfate/sulﬁde concentrations (Crowe
et al., 2014) and an increased hydrothermal Fe ﬂux
(Kump and Seyfried, 2005), enabled the buildup of high
concentrations of hydrothermally derived dissolved Fe(II)
(Fe2+) of between 0.03 and 0.5 mM (Holland, 1973;
Morris, 1993), and potentially up to several mM (Derry,
2015; Jiang and Tosca, 2019). Similarly, the early ocean
would have been enriched in dissolved Si, ranging from
0.67 mM (saturation with respect cristobalite) to 2.2 mM
(saturation with respect to amorphous silica; Siever, 1992;
Maliva et al., 2005), although a recent study suggested
lower concentrations (0.5–1.6 mM; Zheng et al., 2016).
These conditions are reﬂected in the general composition
of banded iron formations (BIFs); marine chemical sedimentary deposits which were mainly deposited during the
Neoarchean and early Paleoproterozoic (Bekker et al.,
2010, 2014; Konhauser et al., 2017). They predominantly
consist of Fe (15–40 wt.%) and Si (40–60 wt.%; Trendall,
2002) deposited in alternating layers resulting in the characteristic banding (Trendall and Blockley, 1970). BIFs contain little organic carbon (<0.5 wt.%; Gole and Klein,
1981) and minimal detrital input (<1 wt.% Al2O3,
<20 ppm Ti, Zr, Th, Hf, Sc; Konhauser et al., 2017). Their
chemical composition, lateral continuity, high degree of
preservation and general association with carbonates and
shales suggest that BIFs were deposited in shelf environments on the margins of stable cratons. However, the
absence of wave-generated structures indicates deposition
in waters below wave base, deeper than 10 s–200 m (Isley,
1995; Trendall, 2002). Mineralogically, the least metamorphosed BIFs consist of hematite, magnetite, carbonates
(ankerite, siderite) and chert with varying contributions of
FeIIFeIII-silicates (e.g., greenalite, stilpnomelane, riebekite
and minnesotaite) and pyrite (Klein, 2005). The presence
of both oxidized and reduced Fe minerals gives BIFs an
average oxidation state of Fe2.4+ (Klein and Beukes,
1992). The current consensus is that the minerals found in

BIFs today are likely not of primary origin but they rather
represent a product of diagenetic and metamorphic alteration of the initially deposited minerals (e.g., Konhauser
et al., 2017; Rasmussen et al., 2021).
The composition of these precursor mineral phases is
highly debated. Some models for BIF deposition consider
the potential for precipitation of Fe(II)-containing minerals, including greenalite (Rasmussen et al., 2017, 2021),
green rust (Zegeye et al., 2012; Halevy et al., 2017), and
magnetite (Li et al., 2017; Thibon et al., 2019) directly from
the water column. The common view, however, is that the
precursor mineral phase to BIFs consisted of a Fe(III) (oxyhydr)oxide such as ferrihydrite (e.g., Beukes and Gutzmer,
2008; Pecoits et al., 2009; Alibert, 2016; Robbins et al.,
2019). BIF deposition has traditionally been explained by
the oxidation of Fe2+ via O2 produced by cyanobacteria
(Cloud, 1973). Alternatively, another biological mechanism
involves anoxygenic photoautotrophic Fe(II)-oxidizing
bacteria (photoferrotrophs) that could have driven early
primary production by coupling Fe(II) oxidation to CO2
ﬁxation by harvesting light energy (Hartman, 1984).
Konhauser et al. (2002) suggested that this microbial activity could have accounted for most if not all Fe initially
deposited in BIFs. Of both biological mechanisms, photoferrotrophy was likely of higher signiﬁcance for BIF deposition before the GOE. Their adaptation to low light
conditions (Kappler et al., 2005) in combination with lower
nutrient requirements (Jones et al., 2015; Ozaki et al., 2019)
would have given photoferrotrophs a competitive edge over
early cyanobacteria. Consequently, as long as the aqueous
Fe/PO3
stayed above a critical value, photoferrotrophs
4
could have exhausted all upwelling nutrients before they
reached the ocean surface water which was likely inhabited
by early cyanobacteria (Ozaki et al., 2019), thus marginalizing the role that cyanobacteria played in BIF deposition.
Additionally, the early aerial expansion and relevance of
early cyanobacteria for BIF deposition might have been
halted by Fe(II)-toxicity (Swanner et al., 2015) and high
UV ﬂuxes in the upper water column (Mloszewska et al.,
2018).
Photoferrotrophs form cell-Fe(III) mineral aggregates
(e.g., Posth et al., 2010; Wu et al., 2014) that would have
provided an ideal habitat for bacteria able to couple carbon
oxidation to Fe(III) reduction (dissimilatory Fe(III) reduction, DIR; Lovley and Phillips, 1986, 1988). This metabolism resulted in the reduction of solid-phase Fe(III) to
Fe2+ that ultimately would have re-precipitated in the form
of secondary Fe minerals such as siderite, magnetite and
Fe(II)-silicates which are commonly found in BIFs today.
Additionally, the organic carbon utilized during DIR
would have been oxidized to inorganic carbon such as
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dissolved CO2 or bicarbonate (HCO–3), oﬀering a plausible
explanation for the low organic carbon content in BIFs.
The signiﬁcance of microbial Fe(III) reduction for the genesis of BIFs was ﬁrst hypothesized by Walker (1984) and
later further conceptualized by Nealson and Myers
(1990). C, O and Fe isotope studies have since stressed
the importance of DIR for the post-depositional alteration
of BIFs (e.g. Johnson et al., 2003, 2008; Heimann et al.,
2010; Steinhoefel et al., 2010; Craddock and Dauphas,
2011; Wang et al., 2015; Teixeira et al., 2017).
Based on the abundance of Fe2+ and bicarbonate in the
early ocean, it has been suggested that siderite may represent a primary seawater precipitate (e.g., Klein and
Beukes, 1989; Kaufman et al., 1990; Steinhoefel et al.,
2010; Siahi et al., 2020). However, isotopic studies (e.g.,
Johnson et al., 2013) and experiments focusing on the precipitation and growth kinetics (e.g., Jiang and Tosca, 2019,
2020) have instead argued against siderite being a primary
seawater precipitate. Similarly, petrographic evidence
(e.g., Pecoits et al., 2009; Rasmussen et al., 2021) as well
as experimental studies (e.g. Lovley, 1991; Zeng and Tice,
2014) suggest that siderite was of secondary or early diagenetic origin, where increased alkalinity as a result of DIR
favored its precipitation within the soft sediment (Fischer
and Knoll, 2009). Alternatively, siderite could have been
formed through the aging of green rust (Halevy et al.,
2017) or during low-grade metamorphism (Köhler et al.,
2013; Posth et al., 2013; Halama et al., 2016).
Magnetite is formed by adsorption of Fe(II) onto Fe(III)
(oxyhydr)oxides and subsequent solid-state conversion
(Hansel et al., 2003). Evidence for its formation via DIR
is provided by detailed sedimentological and petrographic
work which emphasizes an early paragenetic origin of magnetite (e.g. Beukes and Gutzmer, 2008 and references
therein, Pecoits et al., 2009), as well as by crystallochemical
data suggesting that magnetite crystals contained in BIFs
display similarities to modern biogenic magnetite (Li
et al., 2011). This has important implications since recent
experimental results have cast doubt on a metamorphic origin of magnetite, due to its limited formation under such
conditions (Halama et al., 2016). More recent work has
emphasized the possibility of magnetite formation through
thermal decomposition of siderite at temperatures exceeding 200 °C (Rasmussen and Muhling, 2018), but the significance of this mineral transformation pathway for the least
metamorphosed BIFs remains unclear. In contrast, magnetite formed by Fe(III)-reducing bacteria and exposed to
metamorphic pressure–temperature conditions exhibited
high thermal stability (Li et al., 2013), suggesting its preservation during low-grade metamorphism and thus pointing
to a microbial origin for magnetite.
Various Fe(II)-silicates present in BIFs, such as greenalite, chlorite, stilpnomelane, and riebeckite, could also have
formed during DIR (Konhauser et al., 2005), although it
should be noted that arguments have been made that some
minerals such as e.g., greenalite may represent a primary
BIF precipitate (see Rasmussen et al., 2021). Those that
favor a diagenetic origin suggest that a primary
ferrihydrite-Si composite (e.g., Fischer and Knoll, 2009;
Alibert, 2016; Reddy et al., 2016; Zheng et al., 2016) and
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its subsequent reduction during DIR could have led to
the release of Fe(II) and Si into sediment pore water. The
increase in pore water pH during DIR could have promoted the precipitation of Fe(II)-silicates, thus potentially
explaining some of the apparent primary features despite
a secondary (diagenetic) origin (Morris, 1993; Pecoits
et al., 2009).
In summary, there is strong precedence for the formation of primary cell-Fe(III) mineral aggregates by photoferrotrophs and subsequent diagenetic alteration of these
mineral aggregates by DIR during the genesis of BIFs.
Konhauser et al. (2005) estimated that up to 70% of the initially deposited Fe(III) might have been reduced microbially and cycled back into the water column, resulting in
the formation of secondary biogenic magnetite and siderite
(Han et al., 2020) as well as Fe(II)-silicates (Fischer and
Knoll, 2009). While both processes are well understood
individually, it is unclear if, and how, they might have interacted in the water column during the sedimentation of primary BIF precipitates such as Fe(III) (oxyhydr)oxides.
Additionally, it is unknown how the continuous recycling
of cell-Fe mineral aggregates within the water column via
microbial Fe cycling, i.e., the combination of photoferrotrophy and microbial DIR, would have inﬂuenced the
evolution of the secondary mineralogy in BIFs and if minerals such as siderite, magnetite and Fe(II)-silicates could
already have been formed in the water column. To answer
these questions, we conducted experiments simulating the
Precambrian ocean chemistry where we co-cultivated marine photoferrotrophs and marine Fe(III)-reducing bacteria.
We followed geochemical parameters, mineral identity and
composition of cell-mineral aggregates over time and
placed our experimental data into the context of BIF deposition by applying simpliﬁed calculations regarding the
water column residence time of these cell-mineral
aggregates.
2. MATERIALS AND METHODS
2.1. Source of microorganisms, culturing medium and growth
conditions
Chlorobium sp. strain N1 is a marine photoferrotroph
belonging to the green-sulfur bacteria, which was isolated
from Norsminde Fjord, Denmark (Laufer et al., 2016,
2017). Its closest relative, with a sequence similarity of
94%, is C. ferrooxidans KoFox (Heising et al., 1999). A
marine Fe(III)-reducing enrichment culture, which showed
a 99% sequence similarity to Shewanella colwelliana, was
obtained from the same ﬁeld site (Laufer et al., 2016). Both
cultures have been kept in our laboratory culture collection
since their isolation.
Both cultures were routinely cultivated on artiﬁcial seawater medium (ASW; see Laufer et al., 2016) buﬀered by
30 mM bicarbonate under a N2/CO2 (90:10) headspace.
For the current study the pH was set to 7.1 to correspond
to that predicted for the Precambrian ocean (Halevy and
Bachan, 2017; Krissansen-Totton et al., 2018). Additionally, to obtain Si concentrations covering the range of concentrations assumed for the Precambrian ocean (0.67–
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2.2 mM, saturation with respect to cristobalite and amorphous silica, respectively; Siever, 1992; Maliva et al.,
2005), 0.19 g L1 and 0.63 g L1 Na2SiO3  9 H2O, respectively, were added. All stock cultures were grown in 250 mL
serum bottles containing 100 mL growth medium with;
(1) no added Si, (2) low Si or (3) high Si concentrations
(see Table 1).
For the cultivation of Chlorobium sp. strain N1 the
ASW medium was additionally amended with 5 mM Fe(II)
(1 M FeCl2  4 H2O stock solution; Hegler et al., 2008).
This Fe(II) concentration is approximately one order of
magnitude higher than the maximum concentration
assumed for the Precambrian ocean by early studies
(0.5 mM; Holland, 1973; Morris, 1993) but was necessary
to obtain enough solid-phase (Fe) precipitates for analysis.
However, two recent studies estimated that Fe(II) concentrations might have been up to several mM (Derry, 2015;
Jiang and Tosca, 2019), which is in the range of the concentrations we used. Cultures were incubated at 20 °C in light
using a 40-W incandescent light bulb.
Stock cultures of the marine S. colwelliana culture were
grown routinely on ASW containing either no Si, low Si or
high Si, with 5 mM Fe(III) as terminal electron acceptor
(TEA) provided as 2-line ferrihydrite (Schwertmann and
Cornell, 2008), and 5 mM lactate as electron donor and
C source. However, S. colwelliana cultures used for the
inoculation of the experiments were grown on 20 mM
fumarate as TEA and 10 mM lactate as both the electron
donor and C source for at least two generations to minimize the amount of Fe transferred to the experiment.
All cultures were incubated in the dark at room
temperature.
Prior to inoculation, all media amended with Si and/or
Fe(II) were placed at 5 °C for > 48 h to maximize the
removal of any silicate or Fe(II) carbonate or phosphate
(likely siderite or vivianite; Hohmann et al., 2009) which
may have formed. Thereafter, the pH was re-adjusted to
7.1 when necessary, the precipitates were removed by sterile ﬁltration (polyethersulfone, 0.22 mm pore size Steritop
ﬁlter unit, Millipore, Merck KGaA, Darmstadt, Germany) inside an anoxic glovebox (100% N2 atmosphere)
and the headspace was exchanged for N2/CO2 (90:10).
The extent of Fe(II) and Si(OH)4 removal during ﬁltration of Fe(II)-containing medium used in our experiments, as determined by the ferrozine and molybdenum
blue colorimetric assays (see Section 2.3.2), is detailed in
Table 1.

2.2. Experimental setup
2.2.1. Preparation of the inoculum
Chlorobium sp. strain N1 was inoculated directly from a
stationary phase culture grown on Fe(II) with the respective
Si concentration (no, low or high Si; compare Table 1).
For the S. colwelliana culture, cultures grown on fumarate and lactate were harvested by centrifugation at 1761 g
and washed 3 times with a sterile 30 mM bicarbonate buﬀer
to remove any remaining metabolic products. Afterwards,
the cultures were resuspended in ASW of the respective Si
concentration, made anoxic by ﬂushing with N2/CO2
(90:10) and stored at room temperature. The cell suspensions were used within 48 h of preparation.
2.2.2. Microbial Fe cycling experiments
One third of all bottles had no added Si to represent
modern ocean Si concentrations, another third contained
low concentrations of Si to represent the lower limit of
the ancient ocean Si concentrations (0.67 mM), and the last
third contained 1.4 mM (high Si) to approximate the upper
limit of assumed Si concentrations (Siever, 1992; Maliva
et al., 2005). All experiments were run in biotic triplicates
with one abiotic control. Recent studies on modern-day
analogues for the ancient ocean suggested that the Fe could
have been cycled 2–11 times before being removed by sedimentation (Bauer et al., 2020; Roland et al., 2021). Therefore, to remain on the conservative side of these estimates,
we performed 3 consecutive microbial Fe cycles, each consisting of an oxidative half cycle (activity of photoferrotrophs in light) and a reductive half cycle (activity of Fe
(III)-reducing bacteria in dark), which equaled 58 days in
the longest experiment. All experiments were carried out
in a temperature range of 20–28 °C. These temperatures
are in line with recent studies which cast doubt on a hot
(80 °C) early ocean (e.g., Galili et al., 2019; Liljestrand
et al., 2020; Sengupta et al., 2020; Zakharov et al., 2021)
and instead suggest a temperate ocean (<50 °C;
Krissansen-Totton et al., 2018) with temperatures possibly
as low as 26–35 °C (Blake et al., 2010; de Wit and
Furnes, 2016).
The ﬁrst oxidative half cycle was initiated by the addition of 1% inoculum (v/v, 1 mL) of Chlorobium sp. strain
N1 grown on the respective Si concentrations to the biotic
triplicates (Fig. 1). Quantiﬁcation of cell numbers of the
Chlorobium sp. strain N1 inoculum by ﬂow cytometry was
not possible due to poor staining and a high background

Table 1
Extent of Fe(II) and Si(OH)4 removal during ﬁltration of Fe(II)-containing ASW.
Medium

ASW, no Si
ASW, low Si
ASW, high Si

Expected concentration

Final concentration

Loss upon ﬁltration

Fe(II)
[mM]

Si(OH)4
[mM]

Fe(II)
[mM]

Si(OH)4
[mM]

Fe(II)
[%]

Si(OH)4
[%]

5.00
5.00
5.00

0.00
0.67
2.20

4.75
4.40
4.23

0.00
0.71
1.43

5.0
12.0
15.4

0.0
0.0
35.0

Values are based on concentrations measured prior to setup of the experiment and inoculation.
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temperature (ca. 26–28 °C) in the dark. The second and
third reductive half cycles were initiated by the addition
of lactate to a concentration that again allowed for up to
70% Fe(III) reduction and were transferred to dark conditions. No new cells were added after the ﬁrst reductive half
cycle. Samples were taken prior to and after inoculation
and lactate addition and at regular time intervals during
the experiment as described in the following section. The
reductive half cycles were terminated once approximately
70% Fe(III) reduction had been achieved (determined by
ferrozine assay) and the cultures were transferred back to
light conditions.

Fig. 1. Overview of experimental setup for the cycling experiments
with alternating oxidative and reductive periods and sampling
pattern (grey dots and red stars). Yellow shaded areas mark
oxidative periods by incubation in light at 20 °C. Grey shaded areas
mark reductive periods by incubation in the dark at room
temperature.

signal (see Section 2.3.1). Therefore, we estimated the cell
number of the inoculum based on Laufer et al. (2017).
Those authors used twice the Fe(II) concentration of
our experiments (10 mM), which yielded approximately
8  108 cells mL1. Based on this, a total of approximately
4  108 cells (4  106 cells mL1 in experiment) were added
to our experiment. The second and third oxidative half
cycle were initiated by transferring the cultures from the
dark conditions, under which they were maintained during
the reducing half-cycles, to light conditions without addition of new cells (Fig. 1). For the oxidative half cycles, all
cultures were incubated at 20 °C in light. Samples were
taken prior to inoculation, after inoculation and at regular
time intervals during the experiment as described below.
The oxidative half cycles were considered ﬁnished
once > 95% of the initial Fe(II) was oxidized (as determined
by the ferrozine assay).
The ﬁrst reductive half cycle was initiated by the addition of 0.1% inoculum (v/v, 0.1 mL) of the S. colwelliana
culture, which is approximately 1  108 cells (based on ﬂow
cytometry measurements; 1  106 cells mL1 in experiment;
Fig. 1). Additionally, lactate was added at a concentration
that would theoretically allow for 70% of the Fe(III) to be
reduced to Fe(II) (per Konhauser et al., 2005). Based on the
initial Fe(II) concentration (4.2–4.8 mM, Table 1), assuming that all Fe(II) was oxidized, the required concentration
of lactate was between 1 and 1.2 mM, depending on the
individual experiments. During reductive conditions, all
cultures were wrapped in Al foil and incubated at room

2.2.3. Sampling
All sampling was performed in an anoxic glovebox
(100% N2 atmosphere). Samples for wet geochemistry were
taken at regular time intervals (every 2–3 days) throughout
the experiments and include samples for Fe concentration
and Fe redox speciation, dissolved Si and volatile fatty
acids (VFAs, as a measure for metabolic activity of the
Fe(III)-reducers). Solid samples, which include those for
light and electron microscopy and mineral identiﬁcation
by XRD and 57Fe Moessbauer spectroscopy, were taken
at the end of each half cycle (Fig. 1) as detailed below
(Sections 2.3.3 and 2.3.4).
2.2.4. Characterization of primary precipitates (formed after
ﬁrst oxidative half-cycle)
For the characterization of primary precipitates (cellFe(III) mineral precipitates formed after the ﬁrst oxidative
half-cycle), additional serum bottles (biotic triplicates, no
control) were set up as detailed at the beginning of
Section 2.2.2 for the oxidative half cycles. Once all Fe(II)
was oxidized (> 95%, as determined by the ferrozine assay),
the content of all serum bottles was harvested quantitatively and further processed for mineralogy and aggregate
size analysis (see below) as well as organic carbon content
and surface charge as detailed in supplementary text S1.
2.3. Sample processing and analytical techniques
2.3.1. Cell counts
Cell numbers were determined by ﬂow cytometry
(Attune NxT Flow Cytometer, Thermo Fisher Scientiﬁc
Inc., Waltham, Massachusetts, USA) using 200 mL sample
in 96-well plates. Samples for the Fe(III)-reducing cultures
were prepared by sequential dilution of a 100 mL sample
from the culture with 30 mM bicarbonate buﬀer (up to
103). BacLightTM green bacterial stain (Thermo Fisher
Scientiﬁc Inc., Waltham, Massachusetts, USA) was added
at a concentration of 1 mL mL1 and incubated in the dark
for 15 minutes prior to measurement. A detailed description
of the various experimental approaches and parameters
modiﬁed during sample preparation for Chlorobium sp.
strain N1 is given in the supplementary text S2.
2.3.2. Wet geochemistry
A detailed description of the processing of wet geochemical samples is provided in supplementary text S3. In short,
for total Fe quantiﬁcation (Fe(II) + Fe(III)), a suspension
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aliquot was digested in 1 M HCl, which should mostly target short-range ordered Fe minerals. For dissolved Fe and
Si as well as VFA quantiﬁcation, the remaining aliquot was
centrifuged and subsamples of the supernatant ﬁxed with
1 M HCl, diluted with Milli-QÒ water (Merck KGaA,
Darmstadt, Germany), or preserved as is.
2.3.2.1. Fe analysis and calculation of maximum Fe(II)
oxidation and Fe(III) reduction rates. Fe concentrations
and redox speciation (Fe(II) and Fe(III)) were determined
using a modiﬁed protocol for the ferrozine assay
(Stookey, 1970) as detailed in Hegler et al. (2008). The
absorption at 562 nm was measured using a Multiskan
GO Microplate Spectrophotometer with internal software
(SkanIT RE for Multiskan GO 3.2; Thermo Fisher
Scientiﬁc Inc., Waltham, Massachusetts, USA). Maximum
Fe(II) oxidation and Fe(III) reduction rates of the respective oxidative or reductive half cycles were determined by
linear regression analysis through 3 consecutive points at
the steepest slope of the total Fe(II) (Fe(II)HCl) curve.
2.3.2.2. Si analysis. Quantiﬁcation of dissolved monomeric
Si was performed using a modiﬁed protocol of the molybdenum blue method developed by Strickland and Parsons
(1972) as detailed in supplementary text S3. 200 mL sample
aliquots were transferred into a black-walled micro-titer
plate and the absorption measured at 810 nm using a Multiskan GO Microplate Spectrophotometer.
2.3.2.3. High pressure liquid chromatography (HPLC).
VFAs were quantiﬁed using a Shimadzu prominence (Shimadzu Corp., Kyoto, Japan) HPLC system equipped with
a Biorad Aminex HPX87H column with 5 mM H2SO4 as
eluent and a diode-array detector. The ﬂow rate was set
to 0.6 mL min1.
2.3.3. Microscopy
2.3.3.1. Fluorescence and light microscopy. For light and ﬂuorescent microscopy, approximately 10 mL sample was
taken, transferred to a microscope slide and mixed with
1 mL of SYTOÒ 9 green ﬂuorescent dye (LIVE/DEADTM
BacLightTM Bacterial Viability and Counting Kit, Thermo
Fisher Scientiﬁc Inc., Waltham, Massachusetts, USA),
incubated for 10 minutes in the dark and immediately analyzed. Fluorescence microscopy was performed on fresh
samples using a Leica DM5500 epiﬂuorescence microscope
(Leica Microsystems GmbH, Wetzlar, Germany) at 40x
magniﬁcation.
2.3.3.2. Scanning electron microscopy (SEM). Samples for
SEM analysis were prepared as detailed in supplementary
text S3. SEM imaging for investigation of mineral morphology and cell-mineral associations was performed at the
Center for Light-Matter Interaction, Sensors & Analytics
(LISA+) at the University of Tuebingen, Germany. Secondary electron (SE) images were obtained using a JEOL
JSM-6500F ﬁeld emission SEM with a Schottky ﬁeld emitter (JEOL Ltd., Tokyo, Japan). The instrument was operated at an acceleration voltage of 5 kV with a working
distance of 10 mm.

SEM imaging for particle size analysis was performed at
the Center for Applied Geosciences, University of Tuebingen, Germany. SE imaging was performed using a LEO
1450 VP SEM (Carl Zeiss AG, Oberkochen, Germany)
equipped with an Everhart-Thornley SE-Detector. The
instrument was operated at an acceleration voltage of
7 kV and a working distance of 8 mm.
2.3.4. Mineral identiﬁcation
2.3.4.1. 57Fe Moessbauer spectroscopy. Samples for mineral
analysis by 57Fe Moessbauer spectroscopy were prepared
by ﬁltration onto 0.45 mm ﬁlter papers (MF-MilliporeTM,
0.45 mm MCE membrane, Merck KGaA, Darmstadt, Germany) which were embedded in Kapton tape and stored in
anoxic (100% N2) air-tight bottles at 20 °C until analysis.
57
Fe Moessbauer spectroscopy was performed at the
Geomicrobiology group, University of Tuebingen as
detailed in supplementary text S3.
2.3.4.2. X-ray diﬀraction (XRD). XRD analysis was conducted at the Soil Chemistry group, ETH Zuerich, Switzerland on the same samples analyzed by 57Fe Moessbauer
spectroscopy as detailed in supplementary text S3.
2.3.5. Aggregate size analysis and calculation of settling
velocity
Stokes’ law was used to calculate the settling velocity of
the primary Fe(III) mineral-cell aggregates (aggregates
formed during the ﬁrst oxidative half-cycle). The aggregate
size was determined in SEM micrographs by measuring the
longest axis for any given aggregate. The aggregates measured were randomized by drawing a vertical, a diagonal
and a horizontal line from the top left corner of any given
image and measuring all aggregates along those lines. In
order to obtain some statistical signiﬁcance, the size of at
least 100 aggregates was determined using the ImageJ software. In case less than 100 aggregates along the vertical,
horizontal and diagonal lines were counted, all aggregates
were measured. Due to lacking consideration of size variations in z direction by 2D imaging with SEM, the results
may be biased. Additional uncertainty may arise due to
sample processing, i.e., chemical ﬁxation and sequential
dehydration, as this may also alter the size of the cell-Fe
mineral aggregates compared to the aggregates present in
suspension.
2.3.6. Statistical analyses
All statistical analyses were performed using IBMÒ
SPSSÒ Statistics Version 26 (IBM Corp., Armong, New
York, USA).
3. RESULTS
3.1. Microbial Fe(II) oxidation and Fe(III) reduction under
varying Si concentrations
We co-cultivated the marine photoferrotroph Chlorobium sp. strain N1 and a marine Fe(III)-reducing enrichment culture of S. colwelliana under conditions simulating
the proposed geochemistry of an early ocean. In these
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experiments, we monitored microbial activity by following
changes in dissolved and total Fe, dissolved Si and VFAs.
For the ﬁrst oxidative half cycle (day 0–18), all three setups showed an initial lag phase of 4 days (Fig. 2A, D and
G). Thereafter, the 1 M HCl-extractable total Fe(II)
(Fe(II)HCl) in all setups was completely oxidized within
10 days. Maximum Fe(II) oxidation rates decreased slightly
with increasing Si concentrations (Fig. 3). 1 M HClextractable total Fe concentrations (FeT, Fe(III) + Fe(II))
showed contrasting trends for diﬀerent Si concentrations.
While the FeT concentration decreased from approximately
4.5 mM to 0.5 mM in the Si-free setup (Fig. 2B) and to
between 2.0 and 2.5 mM in the low Si setup (Fig. 2E) until
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day 18, the high Si setup showed (within error) no decrease
in FeT (Fig. 2H) suggesting that all Fe in the minerals
formed was HCl-extractable. Since 1 M HCl dissolves
mostly short-range ordered Fe minerals, this suggests an
increasing quantity of crystalline Fe(III) minerals with
decreasing Si concentration (Fig. 2B, E and H). The Si containing setups showed, concomitant with Fe(II) oxidation,
a sharp decrease in dissolved Si (Sidiss) concentrations until
day 18 (Fig. 2D and G).
Upon completion of the ﬁrst oxidative half cycle, the
biotic triplicates of all setups were inoculated with the
Fe(III)-reducing enrichment culture and all bottles (including abiotic, non-inoculated controls) were amended with

Fig. 2. Variations in wet geochemical parameters (total Fe(II) (Fe(II)HCl), dissolved Fe(II) (Fe2+
diss), dissolved Si (Sidiss), 1 M HCl-extractable
total Fe (FeT) and volatile fatty acids) over time during microbial Fe cycling experiments. The top row shows the results of the Si-free setup,
the middle row results of the low Si setup and the bottom row the results of the high Si setup. Closed symbols with solid lines are biotic
triplicates. Open symbols with dashed lines are abiotic controls. Yellow shaded areas mark incubation at 20 °C in light. Grey shaded areas
mark incubation at room temperature in dark. Data shown for biotic setups are mean from triplicates ± standard deviation. Abiotic controls
are single measurements.
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Fig. 3. Maximum Fe(III) reduction (positive values) and Fe(II)
oxidation rates (negative values). Rates were determined by linear
regression analysis through 3 consecutive points at the steepest
slope of the total Fe(II) curve. Values are the mean from biotic
triplicates ± standard deviation.

lactate to a concentration that could theoretically allow for
70% of the initially oxidized Fe(II) to be reduced. Fe(III)
reduction was initiated by transferring all bottles to the
dark. In the Si-free setup > 70% Fe(III) was reduced in
14 days (days 18–32), in the low Si setup around 60% of
the Fe(III) was reduced within 5 days (days 18–23),
and > 60% in 10 days in the high Si setup (days 18–28;
Fig. 2A, D, G). This is partially reﬂected by the maximum
Fe(III) reduction rates, which was the highest for the low Si
setup and lowest for the high Si setup (Fig. 3). Similar to
the oxidative half cycle, FeT depended on the Si concentration. In the no Si setup, it increased considerably, in the low
Si setup it increased slightly, while in the high Si setup FeT
concentrations remained constant (Fig. 2B, E, H). In all
cases, over 85% of the Fe(II) formed during microbial
Fe(III) reduction was present as dissolved Fe2+ (Fe2+
diss),
suggesting that both the formation of Fe(II)-containing
minerals and adsorption of Fe(II) to Fe(III) (oxyhydr)oxides was limited (Fig. 2A, D, G). Microbial Fe(III) reduction was linked to incomplete lactate oxidation and
acetate and formate formation (Fig. 2C, F, I). The ratio
of Fe(III) reduced to lactate oxidized was below the
expected 4:1 ratio (Eq. (1)), ranging from 3.02 ± 0.65
(low Si) to 3.56 ± 0.14 (high Si).
4Fe(OH)3 + C3 H5 O3  + 7Hþ ! Fe2þ + C2 H3 O2 –
+ HCO3 – + 10H2 O

ð1Þ

In the Si-containing setups, dissolution of Fe(III) minerals during microbial Fe(III) reduction resulted in the remobilization of Si immobilized during the previous oxidative
half cycle (Fig. 2D and G).
After incubation under dark conditions during the ﬁrst
reductive half cycle, there was no lag phase during Fe(II)
oxidation when shifting to the second oxidative half cycle
(Fig. 2). Fe(II) oxidation was faster than during the ﬁrst
oxidative half cycle: in the second cycle  95% Fe(II)HCl
was oxidized in 4 days (no Si, high Si) or 5 days (low Si),

respectively (Fig. 2A, D, G). This is partially reﬂected in
slightly higher maximum Fe(II) oxidation rates for the no
Si and high Si setups, respectively (Fig. 3). FeT concentrations followed the same trends as during the ﬁrst oxidative
half cycle (Fig. 2B, E, H). Similar to the ﬁrst oxidative half
cycle, the Sidiss concentration decreased during Fe(II) oxidation for both the low Si and high Si setup (Fig. 2D and
G). Additionally, in all biotic replicates, formate as well
as the remaining lactate were metabolized, while approximately 0.1 mM acetate remained in solution (Fig. 2C, F, I).
Upon completion of the second oxidative half cycle, the
second reductive half cycle was initiated by the addition of
lactate to the biotic triplicates and transferring all bottles to
dark conditions (Fig. 2). The maximum Fe(III) reduction
rates increased compared to the ﬁrst reductive half cycle
(Fig. 3), while the FeT concentrations followed previously
observed trends (Fig. 2B, E, H). Comparable to the ﬁrst
reductive half cycle, > 90% of the Fe(II) formed during
microbial Fe(III) reduction was present as Fe2+
diss in all setups, whereas the remaining Fe(II) was associated with the
solid phase (Fig. 2A, D, G). Similar to the ﬁrst reductive
half cycle, the oxidation of lactate was incomplete, resulting
in the formation of acetate and formate (Fig. 2C, F, I).
Compared to the ﬁrst reductive half cycle, the ratio of
Fe(III) reduced to lactate oxidized decreased to between
2.74 ± 0.11 (no Si) and 3.18 ± 0.18 (high Si). The microbial
reduction of Fe(III) minerals resulted in an extensive release
of Si back into solution (Fig. 2D, G).
During the third and last oxidative half cycle, Fe(II)
oxidation was fastest in the high Si setup ( 95% Fe(II)HCl
oxidation within two days) and slower for the no Si and low
Si setups with 5 and 6 days, respectively, being required for
complete Fe(II) oxidation (Fig. 2A, D, G). This is reﬂected
in the maximum Fe(II) oxidation rates, which showed a
sharp increase for the high Si setup and remained constant
for the no and low Si setup (Fig. 3). FeT and fatty acid concentrations (Fig. 2B, C, E, F, H, I), as well as Sidiss concentrations (Fig. 2D, F), followed previously established
trends.
The ﬁnal reductive half cycle was generally the fastest,
with 5 days required to recycle  70% of the previously oxidized Fe(II)HCl by the no and low Si setups and only 2 days
required by the high Si setup (Fig. 2A, D, G). This is mirrored by higher maximum Fe(III) reduction rates for all
three setups (Fig. 3). FeT concentrations followed the
trends observed for the ﬁrst two cycles (Fig. 2B, E, H).
As for the ﬁrst two cycles, Fe(II) was mainly present as
Fe2+
diss (> 80%). Fe(III) reduction was linked to incomplete
lactate oxidation (Fig. 2C, F, I), where the ratio of Fe
(III) reduced to lactate oxidized further decreased to on
average below 3 for all Si concentrations. During the ﬁnal
reducing half cycle Sidiss concentration increased back to
ﬁnal values of 0.62 ± 0.02 mM (start of the experiment 0.
72 ± 0.00 mM) in the low Si setup and 0.67 ± 0.06 mM
(start of the experiment 1.40 ± 0.02 mM) in the high Si
setup (Fig. 2D, G).
3.1.1. Statistical analysis of wet geochemical results
In order to determine which factors inﬂuenced the
kinetics of microbial Fe cycling, we performed statistical
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analyses on the wet geochemical results. We found that
both the number of microbial Fe cycles and the Si concentration had a signiﬁcant inﬂuence on the maximum Fe(II)
oxidation and Fe(III) reduction rates.
In summary, all three setups showed faster Fe(II) oxidation and Fe(III) reduction with an increasing number of
microbial Fe redox cycles. This is reﬂected by an overall signiﬁcant (positive) eﬀect of an increasing number of Fe
cycles on the maximum Fe(III) reduction rates (see supplementary text S5). However, the eﬀect of the number of Fe
cycles on the maximum Fe(II) oxidation rates was diﬀerent
depending on the presence of Si, and rates either decreased
over time (no Si), were not aﬀected (low Si) or increased
(high Si; see supplementary text S5).
In contrast to the number of cycles, the eﬀect of Si on
maximum Fe(II) oxidation or Fe(III) reduction rates varied
depending on the redox cycle: Si did not signiﬁcantly inﬂuence the maximum Fe(II) oxidation rates during the ﬁrst
oxidative half cycle, and it appeared to have a negative
eﬀect during ﬁrst reductive half cycle if present at high concentrations (one-way ANOVA, F = 31.737, df = 2, 6,
P = 0.001, Tukey HSD post-hoc test, a = 0.05; see supplementary text S5). By the second reductive half cycle, this
eﬀect was inverted and high Si concentrations resulted in
signiﬁcantly higher maximum oxidation and reduction rates
throughout the remaining experiment compared to the no
Si and low Si setups (see supplementary text S5).
Finally, we tested if repeated microbial Fe cycling, in
turn, would result in changes in the dissolved Si concentrations. We found a signiﬁcant decrease in dissolved Si in
both the low Si setup (paired t-test, t = 10.961, df = 2,
P = 0.008) and high Si setup (paired t-test, t = 19.282,
df = 2, P = 0.003): 14.0 ± 2.2% and 52.2 ± 4.4% of the initially present dissolved Si, 0.72 ± 0.00 mM and 1.40 ±
0.02 mM, respectively, were removed from solution over
the course of microbial Fe cycling.
3.2. Characterization of the cell-mineral aggregates
(trans)formed during microbial Fe cycling
In order to determine the Fe mineralogy, the extent and
type of cell-mineral associations during microbial Fe
cycling, as well as the size and morphology of cellmineral-aggregates formed, we performed 57Fe Moessbauer
spectroscopy and XRD analysis supported by ﬂuorescence
microscopy and SEM analysis on samples obtained at the
end of each individual half cycle.
3.2.1. Mineral (trans)formation during microbial Fe cycling
After the ﬁrst oxidative half cycle, Moessbauer analyses
identiﬁed three mineral phases in the setup without Si. A
narrow paramagnetic doublet with an isomer shift (d) of
0.44 mm s1 and quadrupole splitting (DEQ) of 0.69 mm s1
suggested the presence of a short-range ordered (SRO)
Fe(III) (oxyhydr)oxide, which accounted for 13.8% of the
spectral area. This doublet could either represent a single
mineral entity, such as ferrihydrite (Murad and
Schwertmann, 1980; Eickhoﬀ et al., 2014), or a complex
mixture consisting of a continuum of ferrihydrite, akageneite and/ or lepidocrocite (Laufer et al., 2017). The mag-
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netically ordered component of the Moessbauer spectrum
was dominated by goethite (48.2% of the spectral area) as
identiﬁed by its hyperﬁne parameters (supplementary text
S4, Pantke et al., 2012). However, in order to obtain an
optimal ﬁt, a second magnetically ordered component in
the form of collapsed sextet (poorly ordered magnetic component) was required. This collapsed sextet is suggestive of
a highly structurally distorted, poorly crystalline mineral
phase (Eusterhues et al., 2008; Chen and Thompson,
2018; Fig. 4A and B). The presence of goethite was conﬁrmed by XRD, but no other crystalline Fe mineral phases
were detected. By contrast, the Moessbauer spectra of the
low Si and high Si setups both consisted of a single narrow
paramagnetic doublet with hyperﬁne parameters suggestive
of ferrihydrite (Fig. 4E and H, supplementary text S4;
Murad and Schwertmann, 1980; Eickhoﬀ et al., 2014;
Gauger et al., 2016). Compared to the Si-free setup, the
higher quadrupole splitting of 0.84 mm s1 and 0.86 mm s1
for the low Si and high Si setup, respectively, are suggestive
of decreased crystallinity (Murad, 1996; Murad et al.,
1988). This is probably due to inhibited particle growth
and increased structural strain/disorder in the ferrihydrite
particles due to co-precipitated silica (Cismasu et al.,
2011, 2014; Eickhoﬀ et al., 2014). No crystalline Fe mineral
phases were detected by XRD (Fig. 4F and I).
After the ﬁrst reductive half cycle, the mineralogy in the
Si-free setup was dominated by goethite (91.3%, magnetically ordered sextet, Fig. 4B, supplementary text S4,
Dippon et al., 2015). A second mineral phase, whose narrow paramagnetic doublet is suggestive of a SRO Fe(III)
mineral like ferrihydrite (Fig. 4B, supplementary text S4;
Shimizu et al., 2013; Dippon et al., 2015), accounted for
8.7% of the spectral area. The formation of goethite was
independently conﬁrmed by XRD analysis (Fig. 4C). In
addition to goethite, XRD analysis suggested the presence
of a second, unknown, layered Fe(II) mineral phase, potentially a variety of green rust (Fig. 4C; supplementary text
S6; e.g., Hansen, 1989; Simon et al., 2003). The low Si setup
was dominated by a poorly ordered magnetic component
(>50%), which, based on its hyperﬁne parameters, was
likely a structurally distorted, nano-sized Fe(III) mineral
phase that had not undergone complete magnetic ordering
(Fig. 4D and E, supplementary text S4; Eusterhues et al.,
2008; Chen and Thompson, 2018). However, due to the
generally poor signal-to-noise ratio of the Moessbauer spectra, likely due to a high amount of co-precipitated organics,
the interpretation remained inconclusive. Additionally,
microbial Fe(III) reduction resulted in the formation of
some goethite (17.2%, clearly deﬁned sextet, Fig. 4D and
E, supplementary text S4) and a SRO Fe(III) mineral
phase, likely ferrihydrite (narrow paramagnetic doublet,
Fig. 4D and E, supplementary text S4; Shimizu et al.,
2013; Dippon et al., 2015). The presence of goethite was
conﬁrmed by XRD, but no other crystalline Fe mineral
phases were detected (Fig. 4F). In the high Si setup, no formation of any crystalline Fe mineral phases was observed.
The Moessbauer spectrum consisted of two paramagnetic
doublets. The narrow paramagnetic doublet suggested the
presence of a SRO Fe(III) mineral phase, e.g. ferrihydrite,
while the wide paramagnetic doublet, which accounted
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Fig. 4. Relative Fe mineral abundance (based on 57Fe Moessbauer analysis), 57Fe Moessbauer spectra and X-ray diﬀractograms of mineral
products taken at the end of the oxidative and reductive half cycles. Panels A-C show selected results of the no Si setup, D-F results of the low
Si setup and G-I results of the high Si setup. Error bars in the relative mineral abundances are based on the error of the relative abundance in
the Moessbauer ﬁt. Orange colors in the X-ray diﬀractograms mark mineral products of oxidative half cycles. Grey colors mark mineral
products of the reductive half cycles. The relative intensity of the individual X-ray diﬀractograms was chosen in order to truncate the major
halite reﬂections and put more emphasis on the changes in the Fe mineralogy. Reﬂex positions are taken for pure mineral phases. Reference
patterns were derived from the ICSD (e.g., Bergerhoﬀ et al., 1987; Zagorac et al., 2019) and AMCSD (Downs and Hall-Wallace, 2003)
databases as well as from Hansen (1989) and Simon et al. (2003). Respective CIF ﬁle numbers are reported in supplementary text S3,
Section 3.2. In addition to the reference diﬀractogram for carbonate green rust displayed here, reference diﬀractograms for chloride and
sulfate green rust are displayed in supplementary text S6, Figure S4.

for approximately 10% of the spectral area, had hyperﬁne
parameters (d = 1.23 mm s1 and DEQ = 2.70 mm s1) suggestive of a Fe(II) mineral phase (Fig. 4G and H, Murad,

2010). Speciﬁcally, the Moessbauer hyperﬁne parameters
are indicative of a Fe(II)-silicate, potentially a phyllosilicate
(Amthauer and Rossman, 1984; Pollak and Stevens, 1986),
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which may have formed through the reaction of Fe2+ and Si
present in our growth medium. However, it was not possible to independently conﬁrm these results with XRD, suggesting that the precipitate was poorly crystalline in
nature. Another putative Fe(II) mineral phase based on elevated Fe2+ and bicarbonate concentrations is siderite.
However, based on 57Fe Moessbauer spectroscopy we were
not able to identify siderite. Furthermore, high halite concentrations in our samples prevented an unambiguous identiﬁcation of siderite by XRD due to the proximity of major
reﬂections of halite (d-spacing = 2.82 Å, ca. 31.7°2 theta;
ICSD 181148, Fig. S4) and siderite (d-spacing = 2.79 Å,
ca. 32.0°2 theta; ICSD 169789, Fig. S4).
Both increasing the number of microbial Fe redox cycles
and Si concentration seemed to have inﬂuenced the mineral
crystallinity. Following the ﬁrst microbial Fe cycle, Moessbauer spectra of the Si-free setup were generally fully magnetically ordered (sextets) and the mineralogy was
dominated by goethite; this was independently conﬁrmed
by XRD (supplementary text S4, Fig. 4A-C, Fig. S3A
and B). However, in order to achieve an optimal ﬁt, the sextet describing goethite in the Moessbauer spectra required
an additional component. This indicates that mineral
growth and structural ordering were partially restricted,
probably by co-precipitated organics. The amount of
goethite was higher during the oxidative half cycles (80–
100%) than during the reductive half cycles (75%;
Fig. 4A). The remaining up to 25% consisted of the previously described poorly ordered magnetic component of
putative nano-crystalline nature (Fig. 4A).
In contrast to the setup without Si, the Moessbauer
spectra of the low Si setup generally consisted of a mixture
of paramagnetic doublets (SRO Fe(III) and Fe(II) minerals) and a magnetically ordered sextet (goethite), with the
latter becoming more abundant over time. Over the course
of three consecutive microbial Fe cycles, the amount of
goethite formed increased (Fig. 4D-E, Fig. S3C and D)
and was higher during reductive compared to oxidative half
cycles. During oxidative half cycles, the amount of goethite
formed ranged from 25.4% to 33.7%. During the reductive
half cycles, it increased from initially 17.2% to 72.8% at the
end of the third reductive half cycle. The higher amount of
goethite present during the reductive half cycles suggests
that the SRO Fe(III) mineral phase was preferentially
reduced during microbial Fe(III) reduction. A decrease in
the quadrupole splitting value and an increase in the mean
magnetic hyperﬁne ﬁeld parameter suggest increased structural ordering of both the SRO Fe(III) mineral phase and
goethite over time, respectively (supplementary text S4,
Fig. S5). However, the mean magnetic hyperﬁne ﬁeld value
of the goethite formed in the presence of Si was lower than
for the goethite formed in the absence of Si (Fig. S5B and
D), thus suggesting lower structural ordering of the former.
In addition to goethite, a Fe(II) mineral phase was formed
during microbial Fe(III) reduction in increasing quantities
(6.2% during the second, 9.0% during the third reductive
half cycle; Fig. 4D and E, Fig. S3C). As previously
explained, clear identiﬁcation of the Fe(II) mineral phase
was diﬃcult. While based on solution geochemistry both
the formation of siderite and/or a Fe(II)-silicate are feasi-
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ble, our observed Moessbauer hyperﬁne parameters (supplementary text S4) suggest closer similarity of the Fe(II)
mineral phase to an Fe(II)-silicate (Amthauer and
Rossman, 1984; Pollak and Stevens, 1986). Based on
XRD this likely was a layered Fe(II) mineral phase, either
a variety of green rust or greenalite (Fig. S3D, Fig. S4).
Finally, the high Si setup showed no changes in mineral
crystallinity over three consecutive microbial redox cycles
and the mineral product of both oxidative and reductive
half cycles remained X-ray amorphous (Fig. 4I, Fig. S3F).
The Fe(III) mineral phase consisted entirely of SRO
Fe(III) minerals, while a clear identiﬁcation of the Fe(II)
mineral phase was not possible (either siderite and/or an
Fe(II) silicate) although Moessbauer hyperﬁne parameters
suggest closer similarity of the Fe(II) mineral phase with
a Fe(II)-silicate rather than siderite (Amthauer and
Rossman, 1984; Pollak and Stevens, 1986; Fig. 4G and H,
Fig. S3E). The amount of Fe(II) minerals increased over
time from 11.2% at the end of the ﬁrst reductive half cycle
to 49.1% at the end of the third reductive half cycle
(Fig. 4G). Although the mineral products remained X-ray
amorphous, a decrease in the isomer shift and quadrupole
splitting values of the SRO Fe(III) minerals suggests that
they had undergone some degree of structural ordering/
increase in crystallinity (Murad et al., 1988; Murad, 1996)
over time (Fig. S5A and C).
3.2.2. Macroscopic appearance of cell-mineral aggregates
Overall, visual observations support the previously
described mineralogical results. During oxidative half
cycles, minerals formed were orange in color and ﬂocculated into cell-Fe(III) mineral aggregates which could be
distinguished from each other by eye (Fig. 5A-C, G-I,
Fig. S6). The minerals formed during oxidative half cycles
in the low Si and high Si setups were of bright orange color
throughout the experiment (Fig. 5I & H). By contrast, the
minerals formed in the Si-free setup changed from a bright
orange (suggestive of a SRO Fe(III) mineral phase) to a
dark yellow or ochre at the end of the third oxidative half
cycle (suggestive of goethite or lepidocrocite, Fig. 5G-H;
Schwertmann and Cornell, 2008). The minerals formed during reductive half cycles were dark brown or black (Fig. 5D-F, J-L). Although the dark brown to black color of the
minerals formed was indicative of the presence of mixedvalent Fe minerals such as magnetite, they were not magnetic (i.e., not attracted by a magnet; see Fig. 5D-F, J-L,
Fig. S6).
Generally, the size of the aggregates formed in all three
setups seemed to have decreased over several microbial Fe
cycles and cell-Fe mineral aggregates present at the end of
the experiment were ﬁnely dispersed with little ﬂocculation
(Fig. 5G-I).
3.2.3. Cell-mineral associations – ﬂuorescence and light
microscopy
Overall, there was a close association between cells and
minerals during oxidative half cycles (Fig. 5A-C, G-I,
Fig. S6), while there were less cells associated with the Fe
minerals and more free cells present during reductive half
cycles (Fig. 5D-F, J-L). Based on the ﬂuorescence micro-
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Fig. 5. Overlay of ﬂuorescence and light microscopy images showing cells (green) and mineral particles (dark) over the course of three
microbial Fe cycles. The diﬀerent panels show oxidative half cycles (A-C, G-I) and reducing half cycles (D-F, J-L) for Si-free (ﬁrst column),
low Si (second column) and high Si (last column) setups. Orange colors mark oxidizing conditions, grey colors reducing conditions. The
magnet in panels D-F and J-L was placed next to the bottles in order to test for the presence of magnetic minerals like magnetite. All scale bars
are 10 mm. Full-size photomicrographs are provided in Appendix B. Supplementary data.

scopy conducted, the overall cell densities appear to have
increased over three consecutive microbial Fe cycles,
resulting in both a higher number of mineral-associated
and free cells during the last microbial Fe cycle
(Fig. 5G-L).

In addition to the number of Fe cycles, Si also seemed to
inﬂuence the extent to which cells were associated with the
Fe minerals. Overall, the low Si setup showed the greatest
extent of cell-mineral associations throughout the experiment and the lowest number of free cells (Fig. 5B, E, H,
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K, Fig. S6). The extent of cell-mineral association in the Sifree setup seemed to be slightly less pronounced or comparable to the low Si setup, but there appeared to be a higher
number of free cells during the last microbial Fe cycle (oxidative and reductive half cycle) (Fig. 5G and J). By contrast, the high Si setup showed the lowest extent of cellmineral associations over all three microbial Fe cycles
(Fig. 5C, F, I, L, Fig. S6). Interestingly, the high Si setup
seemed to form bioﬁlm like structures after the second
oxidative half cycle, which were initially attached to the
mineral precipitates formed but were easily suspended upon
shaking. These bioﬁlms were marked by a dense network of
minerals, accumulation of cells and association of the minerals with the cells under the microscope (Fig. 5I, Fig. S6C).

needle- or platelet-shaped minerals (Fig. 6G, Fig. S7A
and D) or cauliﬂower-like appearance of the spheres
formed. In the low Si setup, minerals underwent a similar
trend, with spheres equally showing increasing surface
roughness (Fig. 6H and K, Fig. S7B and E) and occasionally platelet-like structures (Fig. 6K, number 2), based on
XRD and Moessbauer spectroscopy suggesting an increase
in mineral crystallinity. The minerals formed in the high Si
setup did not undergo any changes over time and generally
consisted of relatively smooth spheres (Fig. 6I and L,
Fig. S7C and F).

3.2.4. Morphology and size of cell-mineral aggregates –
scanning electron microscopy (SEM)
SEM analysis conﬁrmed the trends observed by ﬂuorescence microscopy. There was generally a close association
between cells and minerals during oxidative half cycles
and comparatively few cells associated with the minerals
during reductive half cycles (Fig. 6, Fig. S7). Furthermore,
cell numbers increased over time (Fig. 6, Fig. S7) where the
number of cells associated with minerals appeared to be
lowest in the high Si setup (Fig. 6C, F, I, L, Fig. S7) and
highest in the low Si setup (Fig. 6B, E, H, K, Fig. S7). There
were slight diﬀerences in cell morphology, with photoferrotrophs being smaller (1 mm) and bean-shaped (e.g.
Fig. 6A-C) whereas Fe(III)-reducers were longer (1.5–
2 mm) and rod-shaped (e.g. inset Fig. 6D, number 1, inset
Fig. S7D, number 1). Initially, all cell surfaces seemed to
be free mineral precipitates (Fig. 6A-F, Fig. S7A-C). However, after the second reducing half cycle there were some
cells with surface precipitates (Fig. 6J) or completely
entombed in mineral precipitates (Fig. 6I, Fig. S7F).
The mineral morphology showed distinct diﬀerences
depending on the Si concentration and number of microbial
Fe cycles. In the absence of Si, the minerals initially formed
during the ﬁrst oxidative half cycle either had no clear
structure (Fig. 6A) or a needle- or platelet-like appearance
(inset Fig. 6A, number 2). In the Si-containing setups, the
aggregates seemed to consist of spheres of various sizes with
a relatively uniform surface structure (approximately 0.5–
2 mm diameter; Fig. 6A-C; see also Gauger et al., 2016),
some of which appeared to be hollow (inset Fig. 6C, H, J,
number 4, Fig. S7C and E) or attached to each other by
ﬁbrous structures, probably exopolysaccharides (top inset,
Fig. 6B, L, number 3, Fig. S7B and C; Wu et al., 2014).
These observations are consistent with the high content in
organic compounds previously postulated in the interpretation of our Moessbauer results.
During the following reductive half cycle, the aggregates
formed in the Si-free setup were dominated by needle- or
platelet-shaped minerals while the aggregates in the Sicontaining setups retained their spherical structure (Fig. 6D-F). However, the spheres in the low Si setup seemed to
have a rougher surface compared to the oxidative half cycle
(Fig. 6E) and could be separated into two size categories
being either 0.5–2.0 mm in size or smaller than 0.2 mm. Over
time the no Si setup showed an increasing amount of

The mean aggregate size for the Si-free aggregates
formed after the ﬁrst oxidative half cycle was 30.45 ±
21.56 mm. The aggregates formed in the low Si and high
Si setups were both signiﬁcantly smaller (one-way ANOVA,
F = 15.233, df = 2, 329, P < 0.001, Tamhane post-hoc test,
a = 0.05) with 17.90 ± 16.40 mm and 16.01 ± 12.72 mm,
respectively (for all setups see supplementary text S1,
Fig. S2 for size distribution). Based on these values we
calculated the sedimentation rate by applying Stokes’ law
(Eq. (2)),

3.3. Size and sedimentation rate of primary cell-Fe(III)
mineral aggregates

vp ¼

r2  g  ðqp  qf Þ
2

9
l

ð2Þ

where vp [m s1] is the terminal velocity, r [m] is the radius
of the particle, g [m s2] is the gravitational force, qp [kg
m3] the density of the particle, qf [kg m3] the density of
the ﬂuid and m [kg m1 s1] the dynamic viscosity of the
ﬂuid. Stokes’ law is best applied to spherical particles with
limited validity for the irregularly shaped cell-Fe(III) mineral aggregates formed in our experiments. Therefore, in
order to account for this limitation, we also consider recent
results of a study by Li et al. (2021). Li et al. performed insitu measurements of the sedimentation velocity of
cyanobacteria-ferrihydrite aggregates, showing that the
actual sedimentation velocity was up to 30% slower than
estimates based on Stokes’ law. Particle densities in our
study were assigned based on the previous work of Posth
et al. (2010). Although the Si-free aggregates showed the
highest organic carbon content (see supplementary text
S1) and would thus be estimated to have the lowest density,
we also considered the Si-co-precipitation during Fe(III)
mineral formation. Based on Posth et al. (2010) we therefore used a density of 2.4 g cm3 for the Si-free aggregates,
a density of 2.2 g cm3 for the low Si aggregates and a density of 2.0 g cm3 for the high Si aggregates. Sedimentation
rates corrected as per Li et al. (2021) were 2.41 ± 3.28 m h1
for the Si-free, 0.87 ± 1.65 m h1 for the low Si and 0.51
± 1.05 m h1 for the high Si cell-Fe(III) mineral aggregates
(see supplementary text S9 for complete calculations and
Fig. S8 for distribution of sedimentation velocities). Note:
All calculations here are based number-averaged values
derived from SEM analysis rather than mass-averaged
aggregate sizes. The use of mass-averaged values instead
of number-averaged values would result in faster sedimen-
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Fig. 6. SEM micrographs of cell-mineral aggregates formed during alternating oxidative and reductive half cycles. The diﬀerent panels show
oxidative half cycles (A-C, G-I) and reducing half cycles (D-F, J-L) for Si-free (ﬁrst column), low Si (second column) and high Si (last column)
setups. Orange colors mark oxidizing conditions, grey colors reducing conditions. Arrows labelled with number 1 indicate cells, arrows
labelled with 2 more crystalline parts of the cell-mineral aggregates, arrows labelled with number 3 remains of putative exopolysaccharides
and arrows labelled with number 4 hollow mineral spheres. Unless stated otherwise all scale bars are 1 mm. Full-size photomicrographs are
provided in Appendix B. Supplementary data.

tation velocities for the bigger particles, whereas the smaller
particles would potentially have a much lower sedimentation velocity. Additionally, both the use of 2D imaging

techniques and chemical ﬁxation of SEM samples likely
resulted in some bias in the results. They should thus be
seen as conservative estimates.
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4. DISCUSSION
4.1. Interaction between photoferrotrophs and Fe(III)reducers during microbial Fe cycling
Although the individual inﬂuence of photoferrotrophs
and Fe(III)-reducing bacteria on the deposition and mineralogy of BIFs has been studied in great detail, their combined inﬂuence and the metabolic interaction between
both remains unexplored so far. Therefore, one of the
major questions driving our study was how photoferrotrophs and Fe(III)-reducing bacteria would have interacted during microbial Fe cycling in the water column of
an early ocean.
4.1.1. Fe(II) oxidation by Chlorobium sp. N1 under
simulated early ocean conditions
During oxidative half cycles the maximum Fe(II) oxidation rates we observed in all of our setups (between 0.46 ±
0.02 mM d1 and 1.22 ± 0.04 mM d1) were within the
range of published Fe(II) oxidation rates for photoferrotrophs (0.1–4.5 mM d1; Straub et al., 1999; Kappler
and Newman, 2004; Jiao et al., 2005; Hegler et al., 2008;
Wu et al., 2014; Gauger et al., 2016; Laufer et al., 2017;
Peng et al., 2019) and within the metabolic capability of
our strain used (max. rate 0.77 mM Fe(II) d1; Laufer
et al., 2017). However, there was a pronounced eﬀect of
the Si concentration on the development of maximum
Fe(II) oxidation rates over time. Due to the similar increase
in cell numbers in all three setups (no, low and high Si) over
time (Fig. 5), changes in cell numbers oﬀer no explanation
for the diﬀerences in Fe(II) oxidation rates in the three different setups. Fe(II) oxidation rates likely remained stable
or decreased in the absence of Si and at low Si concentrations (Fig. 3), due to the simultaneous activity of Fe(II)oxidizing and Fe(III)-reducing bacteria as suggested by
the simultaneous consumption of all substrates (Fe(II)
and VFAs, Fig. 1). By contrast, the maximum Fe(II) oxidation rate increased signiﬁcantly over three microbial Fe
cycles in the presence of high concentrations of Si
(Fig. 3). Two permissible explanations are (1) the high concentration of Si in the high Si setup and (2) the observed
formation of bioﬁlm-like structures in the high Si setup.
Studies by Gauger et al. (2016) and Wu et al. (2017) both
observed enhanced Fe(II) oxidation rates in the presence of
dissolved Si. Gauger et al. (2016) attributed this to a Fe(II)toxicity-mitigating eﬀect, caused by high light and Fe(II)
concentrations, due to changes in Fe complexation and speciation in the presence of Si. No acceleration of Fe(II) oxidation was observed in our low Si setup compared to the no
Si setup, thus suggesting that this eﬀect may be concentration dependent. However, it remains unresolved why this Si
eﬀect was only observed during the last oxidative half cycle
in the high Si setup. Alternatively, a recent study by Peng
et al. (2019) observed that the complexation of Fe(II) by
organic compounds resulted in faster Fe(II) oxidation by
photoferrotrophs compared to non-complexed Fe(II). They
attributed this to higher bioavailability of Fe(II)-organic
matter complexes due to lower chemical activation energy
and enhanced interaction between Fe(II)-organic matter
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complexes and c-type cytochromes responsible for Fe(II)
oxidation. Another hypothesis put forward by Peng et al.
(2019) was the added physiological beneﬁt of oxidizing
complexed Fe(II). The oxidation of Fe(II)-organic matter
complexes should result in the formation of soluble
Fe(III)-organic matter complexes which would thus preclude the necessity of producing Fe(III)-binding ligands
or investing in mechanisms to prevent encrustation with
Fe(III) minerals. Given the presence of bioﬁlm-like structures (including exopolysaccharides) in the high Si setup
following the second oxidative half cycle (Fig. 5, Fig. 6,
Fig. S6), these polymeric and complicated organic biomolecules (not fatty acids) could have complexed Fe(II). This
potentially explains the higher Fe(II) oxidation rates in
the later Fe(II) oxidation cycle.
4.1.2. Microbial Fe(III) reduction under simulated early
ocean conditions
In contrast to the oxidizing half cycles, the maximum
Fe(III) reduction rates during the reductive half cycles
showed a continuous increase for all three setups over three
microbial Fe cycles. The overall rates were the lowest for
the no Si setup and the highest for the high Si setup.
The continuous increase of the maximum Fe(III) reduction rates is best explained by the perceived increase in cell
numbers over time (Fig. 5). The increase in cell numbers is
further supported by a consistent deviation of the reaction
stoichiometry for microbial Fe(III) reduction from the
expected ratio of 4:1 of Fe(III) reduced to lactate oxidized,
which ranged from 3.56 ± 0.14 to 2.74 ± 0.11 (compare
also Roden and Zachara, 1996), which we attribute to the
assimilation of organic carbon in the form of VFAs into cell
biomass. Additionally, increasing maximum Fe(III) reduction rates with increasing Si concentrations can best be
explained by the decreasing mineral crystallinity with
increasing concentrations of Si (Fig. 4). SRO Fe(III) mineral phases have been shown to be more readily accessible
by Fe(III)-reducing bacteria compared to more crystalline
Fe(III) minerals such as goethite (Postma, 1993; Roden
and Zachara, 1996; Roden, 2003; Bonneville et al., 2009).
Additionally, Kukkadapu et al. (2004) found that
Si-substitution in ferrihydrite enhanced rates and extent
of microbial Fe(III) reduction in comparison to Si-free
ferrihydrite.
However, similar to the last oxidative half cycle, the
maximum Fe(III) reduction rate of the high Si setup was
signiﬁcantly higher during the last reductive half cycle compared to the no and low Si setups (Fig. 3). In this regard a
study by Percak-Dennett et al. (2011) showed that Fe(III)oxide-silica co-precipitates are highly reducible (approximately 80% reduction) under conditions similar to our
experiments. This is in contrast to other studies which
found that Si incorporation might stabilize ferrihydrite
against reductive dissolution and transformation thereby
limiting bioavailability (Cismasu et al., 2014). On the one
hand, this could be, similar to Fe(II), due to Si partially
blocking or reducing the availability of reactive surface sites
(Roden, 2003). On the other hand, Si has been shown to
lower the point of zero charge (PZC) of Fe minerals
(Kingston et al., 1972; Sigg and Stumm, 1981;
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Schwertmann and Fechter, 1982; Konhauser et al., 2007a).
In this regard, the observed formation of bioﬁlms and EPS
(Fig. 5), containing both c-type cytochromes and redox
cofactors (Kappler et al., 2021), could represent a strategy
to overcome limited bioavailability. This is supported by
the high Si setup initially showing the lowest maximum
Fe(III) reduction rates and a sharp decrease in the Fe(III)
reduction stoichiometry from initially 3.56 ± 0.14 to
2.95 ± 0.27 during the third reductive half cycle, suggesting
that a considerable amount of carbon (C) was invested in
the synthesis of biomolecules. Consequently, the resulting
elevated C/Fe ratio could then have resulted in higher
Fe(III) reduction by our Shewanella culture via facilitated
electron transfer (e.g., Shimizu et al., 2013; Poggenburg
et al., 2016, 2018; Cooper et al., 2017), thus explaining
the highest maximum Fe(III) reduction rates during the last
reductive half cycle.
4.1.3. Microbial Fe cycling – mutual beneﬁt through
stimulation of metabolic activity and growth
The co-cultivation of photoferrotrophs and Fe(III)reducing bacteria, especially in the presence of Si, resulted
in a highly dynamic microbial Fe cycle via the mutual stimulation of both activity and growth.
The most obvious mutual beneﬁt is the use of the respective metabolic products of the cycling partner. The metabolic activity of the photoferrotroph resulted in the
formation of Fe(III) minerals (and polymeric and complicated organic carbon, Corg, consisting of cells, EPS, and
their lysate), which, in turn, was used by the Fe(III)reducers. Conversely, the metabolic activity of Fe(III)reducing bacteria resulted in the release of Fe(II) and
organic products such as acetate (through oxidation of
the added lactate), which were used by the photoferrotrophs. Fe(III)-reducing bacteria are known to be able
to metabolize a wide variety of Fe(III) minerals and organic
compounds (see e.g. O’Loughlin et al., 2019; Dong et al.,
2020 for recent studies). Similar to Fe(III)-reducing bacteria, photoferrotrophs are known for their metabolic ﬂexibility and their growth on organic substrates, such as acetate,
lactate and yeast extract as well as the potential for fermentative pathways, has previously been reported (e.g.,
Ehrenreich and Widdel, 1994; Heising et al., 1999; Straub
et al., 1999; Imhoﬀ, 2014; Laufer et al., 2017; Bryce et al.,
2019). The potential for fermentative pathways could
potentially also explain the observed accumulation of formate during the reducing half cycles (Fig. 2). Furthermore,
there is strong precedence for the use of co-substrates by
photoferrotrophs, which resulted in increased cell numbers
(e.g., Heising et al., 1999; Melton et al., 2014). Collectively,
these studies support the possibility of a highly dynamic
and active microbial Fe cycle formed by photoferrotrophs
and Fe(III)-reducing bacteria.
However, the beneﬁts of this microbial Fe cycle may
stretch beyond a mutual supply of growth substrates
(Cooper et al., 2020). While the use of co-substrates might
certainly be beneﬁcial to the individual metabolism by stimulating growth, the constant consumption of the metabolic
products by the Fe cycling partner would also have prevented product inhibition, thus allowing the maintenance

of enzymatic activity. Furthermore, the excretion of
metabolites by photoferrotrophs and Fe(III)-reducing bacteria might also have triggered a mutualistic metabolic
response, thus stimulating the growth and activity of each
partner (Cooper et al., 2020). This was especially evident
when microbial Fe cycling took place in the presence of
high concentrations of Si. Both maximum Fe(II) oxidation
and Fe(III) reduction rates increased signiﬁcantly over
three microbial Fe cycles. In this regard the poor accessibility of Si-containing ferrihydrite during the ﬁrst reductive
half cycle might have prompted a combined metabolic
response by photoferrotrophs and Fe(III)-reducers, thus
accelerating microbial Fe cycling.
An additional factor which might have inﬂuenced the
dynamics of the microbial Fe cycling is the frequency of
Fe cycling and the resulting constant supply of substrates.
Interestingly, the dynamicity of the Fe cycling might have
been self-reinforcing. Especially in the high Si setup we
observed that, over time the length of the half cycles became
shorter and the maximum rates with which Fe was metabolized increased (Figs. 2 and 3). Barcellos et al. (2018) suggested that higher maximum Fe(III) reduction rates in
high periodicity Fe cycles might be related to microbes
maintaining their activity due to frequent pulses of reactive
substrate. Furthermore, the frequent cycling of the Fe minerals would also have prevented sustained crystal growth.
Our combined mineralogical and SEM analyses suggest that
even when goethite was formed under low Si conditions, its
particle growth was constrained and it likely was of low
crystallinity. The overall low crystallinity of goethite and
the dominance of SRO Fe(III) (oxyhydr)oxides in the presence of Si likely resulted in increased bioavailability, therefore sustaining highly dynamic microbial Fe cycling.
4.2. Changes in composition of cell-mineral aggregates during
microbial Fe cycling
During our experiments, we found the dynamics of polymeric and complicated microbially formed Corg and Si to be
tightly coupled to Fe(III) mineral precipitation and dissolution. Microbial biomass and Si were sorbed to and
co-precipitated with Fe(III) (oxyhydr)oxides during Fe(II)
oxidation and released from Fe minerals during Fe(III)
mineral reduction (compare Figs. 2, 5 and 6).
Our results correlate well with previous experimental
results showing the association of microbial cells and EPS
with Fe(III) (oxyhydr)oxides during the activity of photoferrotrophs (cell-Fe(III) mineral aggregates; compare e.g.,
Posth et al., 2010; Wu et al., 2014; Hao et al., 2016;
Martinez et al., 2016; Laufer et al., 2017). The release of
polymeric and complicated Corg during microbial Fe(III)
reduction can either be explained by a decrease in available
mineral surface area or the breaking of bonds between the
mineral surface and organics. Previous studies reported an
increase in dissolved organic carbon of between approximately 13% (Pan et al., 2016) and close to 55% (Adhikari
et al., 2017) upon microbial reduction of co-precipitates
consisting of ferrihydrite and diﬀerent organic compounds
depending on the C/Fe ratio. Similar to polymeric and
complicated microbially formed Corg, Si has a high aﬃnity
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for Fe(III) (oxyhydr)oxides (e.g., Sigg and Stumm, 1981;
Swedlund and Webster, 1999; Phoenix et al., 2003), thus
explaining the decreasing concentrations during Fe(II) oxidation. Conversely, the release of Si back into solution during microbial Fe(III) reduction can be explained by the
decrease in available reactive surface sites, leading to the
destruction of surface complexes between Fe(III) minerals
and monosilicic acid (e.g., Pokrovski et al., 2003; Cismasu
et al., 2014; Wang et al., 2018).
The overall trend for Si removal showed considerable differences between the high Si and low Si setups. Over three
consecutive microbial Fe cycles 52.2 ± 4.4% dissolved Si
was removed from solution in the high Si setup, while only
14.0 ± 2.2% of the dissolved Si was removed in the low Si
setup. The higher extent of Si removal in the high Si setup
might be due to the polymerization of Si at higher concentrations, especially if Fe(III) (oxyhydr)oxides acted as catalysts (Swedlund and Webster, 1999; Swedlund et al., 2010).
Once a critical surface saturation is achieved, ﬁrst oligomers
and later polymers are formed (Iler, 1979; Crerar et al.,
1981; Hiemstra, 2018; Wang et al., 2018) leading to Si
removal (Phoenix et al., 2003). Compared to the low Si
setup, where the Si was likely present in monomeric form,
this polymerization could also have prevented the competitive replacement of Si by other competing ions, such as polymeric and complicated Corg in our case (see e.g. Christl et al.,
2012; Hiemstra, 2018), thus preventing its remobilization.
Additionally, there is precedence for Si sorption to bacterial
cells, which is especially pronounced in the presence of EPS
(Lalonde et al., 2005). Since we observed the formation of
EPS in our high Si setup, this could be an additional pathway for removing dissolved Si from solution.
Our Si results in combination with ﬂuorescent and electron microscopy further suggest that there might be competition between polymeric and complicated Corg (e.g.,
microbial cells, EPS) and Si for reactive surface sites on
the Fe(III) minerals. We observed distinct diﬀerences in
the Fe(III) (oxyhydr)oxide-Si-Corg association depending
on the initial Si concentration, where the low Si setup
showed the highest and the high Si setup the lowest extent
of cell-mineral association. This is in line with previous
experimental results which showed a decreased extent of
cell-Fe(III) mineral association in the presence of elevated
concentrations of Si (e.g., Schad et al., 2019; Thompson
et al., 2019). These trends are further in line with a study
by Davis et al. (2001), which showed that the exposure of
ferrihydrite to increasing concentrations of Si resulted in
decreasing amounts of fulvic acid (as a proxy for environmental organic contaminants) being adsorbed onto ferrihydrite thereafter. A potential explanation for the competition
between polymeric and complicated Corg and Si for Fe(III)
mineral reactive surface sites is provided by Dyer et al.
(2012). They proposed that at higher Si concentrations,
the sorption of Si onto Fe(III) mineral particles takes place
earlier during Fe(III) mineral particle formation than at
lower Si concentrations. Consequently, in the high Si setup
the Si would have directly been adsorbed to the freshly
formed Fe(III) minerals, thus forming a Si surface layer
(Dyer et al., 2010, 2012), which prevented the adsorption
of polymeric and complicated Corg.
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An exemption hereto is the diﬀerence in the extent of CorgFe mineral association between the no Si and low Si setup,
where the former showed a similar or only slightly lower
extent of Corg-Fe(III) mineral association compared to the
latter. Based on the PZC-lowering eﬀect of Si (Kingston
et al., 1972; Sigg and Stumm, 1981; Schwertmann and
Fechter, 1982; Konhauser et al., 2007a), we would have
expected a higher cell-Fe mineral association in the no Si
setup than in the low Si setup. However, Cismasu et al.
(2014) found that increasing incorporation of Si into ferrihydrite resulted in a decreasing particle size. Additionally, Si has
been shown to retard or inhibit the formation of crystalline
Fe minerals such as goethite (e.g., Schwertmann et al.,
2004; Jones et al., 2009), which has a much lower speciﬁc surface area (SSA) than ferrihydrite (Cornell and Schwertmann,
2003). Both are partially reﬂected in our experimental results,
where, when compared to the low Si setup, the Si-free setup
showed cell-Fe(III) mineral aggregates which were approximately twice the initial size (compare Sections 3.2 and 3.3)
and a prevalence of goethite over ferrihydrite. Therefore,
the higher SSA in the low Si setup compared to the no Si
setup could have compensated for the Si-induced lower
PZC, resulting in comparable (or slightly increased) cell-Fe
mineral association in the low Si setup.
However, there is a potential caveat when projecting our
experimental results and underlying mechanisms onto an
early ocean. Namely, the elevated concentration of Fe(II)
(4–5 mM) we needed to use due to experimental restrictions. Although these concentrations are in line with more
recent estimates (e.g. Jiang and Tosca, 2019), which suggested millimolar concentrations of dissolved Fe2+ in the
early ocean, this view is diﬀerent to the traditionally
assumed low concentrations of Fe(II) (0.03–0.5 mM;
Holland, 1973; Morris, 1993). Consequently, the Fe/Si ratio
which is between approximately 3 and 6 in our experiments
(see Table 1) could have been much lower, approaching
Fe/Si ratios between approximately 0.01 and 1 for Si concentrations between 0.5 and 2.2 mM (Siever, 1992; Maliva
et al., 2005; Zheng et al., 2016). This could potentially have
profoundly inﬂuenced the association between cells and Fe
minerals. Already at the Fe/Si ratio of 3 in our high Si
setup we observed a much lower extent of cell-Fe mineral
association compared to the low Si setup (Fe/Si ratio 6).
Furthermore, Thompson et al. (2019) observed a complete
separation between biomass and Fe(III) minerals for the
photoferrotroph Chlorobium phaeoferrooxidans strain
KB01 at a Fe/Si ratio of 0.17. Therefore, if Fe/Si ratios were
much lower than in our experiments and potentially even
lower than in the Thompson et al. (2019) study, it is sensible
to assume that we would have had a complete separation of
polymeric and complicated Corg and Fe(III) minerals even in
the presence of low concentrations of Si (0.5–0.67 mM).
4.3. Changes in mineralogy during microbial Fe cycling under
simulated Precambrian ocean conditions
4.3.1. Putative primary seawater precipitate
Based on our combined wet geochemical, mineralogical
and microscopic results, the primary seawater precipitates
formed through the activity of photoferrotrophs likely con-
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sisted of aggregates made up by polymeric and complicated
Corg (e.g., microbial cells, EPS), Fe(III) (oxyhydr)oxides
and Si (Figure 7). Depending on the Si concentration, the
polymeric and complicated Corg and Si content would have
varied, with higher Corg and lower Si at low Si concentrations and lower Corg and higher Si at high Si concentrations
(see Section 4.2). While at high Si concentrations SRO
Fe(III) minerals such as ferrihydrite prevailed, we observed
the formation of some goethite in addition to SRO Fe(III)
minerals at lower Si concentrations. Similar to polymeric
and complicated Corg, Si has been shown to retard or even
inhibit the re-crystallization of poorly crystalline Fe(III)
minerals into crystalline Fe(III) minerals such as goethite
(e.g. Schwertmann et al., 2004; Jones et al., 2009;
ThomasArrigo et al., 2017; Zhou et al., 2018). Therefore,
depending on the exact Si concentrations in the early ocean,
the primary Corg-Fe(III) mineral-Si aggregates could have
contained some goethite in addition to SRO Fe(III) minerals such as ferrihydrite.
However, not only the Si concentration could have inﬂuenced the composition of the primary Corg-Fe(III) mineralSi aggregates, but also the dissolved Fe2+ concentration.
While our experimental conditions are in line with results
of Jiang and Tosca (2019), who suggested millimolar dissolved Fe2+ concentrations for the early ocean, traditionally an order of magnitude lower Fe2+ concentrations
have been suggested (see Section 4.2). This would have
resulted in much lower Fe/Si ratios, thus likely not only
preventing the co-deposition of polymeric and complicated
Corg and Fe(III) minerals but also preventing the formation
of crystalline Fe(III) minerals like goethite. Consequently,
depending on the exact combination of Fe2+ and Si concentrations the primary seawater precipitate could have been a
Corg-Fe(III) mineral-Si composite (e.g., Konhauser et al.,
2007a; Fischer and Knoll, 2009; Alibert, 2016) or possibly
even a Fe(III) mineral-Si gel as advocated by some other
studies (e.g., Wu et al., 2012; Reddy et al., 2016; Zheng
et al., 2016).
4.3.2. Mineralogical products of microbial Fe(III) reduction
- Secondary seawater precipitates
Goethite was identiﬁed as major secondary Fe(III) mineral phase in our no and low Si setups following microbial
Fe(III) reduction and a SRO Fe(III) mineral phase in our
high Si setup. However, we found no indication for the formation of typical Fe(II)-bearing minerals like magnetite or
siderite in our experiments and the identity of the secondary
Fe(II) mineral phases in our experiments remained
ambiguous.
The formation of goethite following microbial Fe(III)
reduction in our experiments is reasonable given the possible re-crystallization of a poorly crystalline precursor mineral phase following the adsorption of low concentrations
of Fe(II) (0.1 mmol g1 ferrihydrite; Hansel et al.,
2005). Additionally, it has been shown that Fe(III)reducing microbes preferentially utilize poorly crystalline
Fe(III) minerals over crystalline minerals such as goethite
(e.g., Roden and Zachara, 1996; Roden, 2003; Bonneville
et al., 2004, 2009). Consequently, the goethite which was
formed during microbial Fe(II) oxidation in our experi-

ments would be preserved following microbial Fe(III)
reduction.
The observed absence of magnetite in our experiments is
in line with other experimental results by Zachara et al.
(2002) and O’Loughlin et al. (2010) who found that at high
rates of microbial Fe(III) reduction or in the presence of
natural organic matter or competing oxyanions such as
Si, no magnetite was formed. Instead, they found the formation of either siderite or green rust. Both, polymeric
and complicated Corg and Si are well known for retarding
or inhibiting Fe(II)-induced secondary mineral transformation either through blocking reactive surface sites or by
complexing Fe(II) (e.g. Schwertmann et al., 2004; Jones
et al., 2009; ThomasArrigo et al., 2017; Zhou et al.,
2018). Surprisingly, however, we also found no indication
of siderite precipitation, although our geochemical conditions should have favored its formation. One potential
explanation might be the complexation of Fe(II) by organic
matter (ThomasArrigo et al., 2017), which is indicated by
generally high dissolved Fe2+ concentrations (>80%) in
our experiments. Furthermore, recent studies suggest that
siderite growth kinetics are slow even under highly oversaturated conditions (Jiang and Tosca, 2019; Jiang and Tosca,
2020) and instead Fe(II)-silicate precipitation controlled
aqueous Fe(II) concentrations (Jiang and Tosca, 2019).
However, the precipitation of Fe(II)-silicates requires
pH values > 7.5 (e.g., Tosca et al., 2016; Rasmussen
et al., 2020), which is higher than the pH of 7.1 in our
experiments. Although we did not follow changes in pH
during our experiments, it is possible that the pH increased
to the required values during microbial Fe(III) reduction
(see Section 3.1, Eq. (1)). Furthermore, experimental studies by Konhauser et al. (2007b) and Percak-Dennett et al.
(2011), with experimental conditions similar to ours,
observed the formation of Fe(II)-silicates, thus supporting
their possible formation in our experiments. In fact, the
observations of Percak-Dennett et al. (2011) are well in line
with our ﬁndings. Upon microbial reduction of a Fe(III)-Si
gel they found neither the formation siderite despite an up
to 1000-fold oversaturation nor the formation of magnetite.
In their study the primary mineral phase did not undergo
any signiﬁcant transformation (re-crystallization), although
they suggest the possible presence of a ‘‘primitive smectitelike phase”, where some of the Fe(II) was re-adsorbed to
the Fe(III)-Si-gel.
More recent results by Hinz et al. (2021) suggest that the
presence of small quantities of Fe(III) can induce the precipitation of Fe(II)-bearing silicates even at pH 6.5 or 7.0,
possibly resulting in the formation of secondary Fe minerals such as a low-Fe(III) greenalite (Johnson et al., 2018).
Even though our mineralogical data regarding the identity
of the secondary Fe(II)-bearing minerals are ambiguous,
based on previous studies by Percak-Dennett et al. (2011),
Johnson et al. (2018) and Hinz et al. (2021) it appears
possible that the microbial reduction of our primary CorgFe(III) mineral-Si composite resulted in the formation of
a secondary Fe(II)-, possibly mixed Fe(II)/Fe(III)-, silicate,
which would also explain some of the greenalite previously
reported in BIFs (see Section 4.4.2). This is further supported by our ﬁndings, where, depending on the Si concen-
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tration, we found a removal of dissolved Si from solution of
between approx. 14% and 52% over the course of our experiments, possibly due to the formation of an X-ray amorphous secondary Fe(II)-Si mineral (or Fe(II)-Fe(III)-Si
mineral) phase (Fig. 7). These results likely also apply to
Fe/Si ratios much lower than in our experimental study
(see Section 4.2), consequently resulting in the eﬀective inhibition of siderite and magnetite formation.
4.4. The relevance of microbial water column Fe cycling for
the deposition of BIFs
4.4.1. Factors controlling microbial Fe cycling during BIF
deposition
The extent to which microbial Fe cycling in an ancient
ocean water column would have inﬂuenced the secondary
mineral (trans)formation during the deposition of BIFs is
determined by three major factors: (1) depth of the photic
zone, (2) particle size and resulting sedimentation rate,
and (3) the maximum Fe(II) oxidation and Fe(III) reduction rates. These factors would have determined the residence time of mineral particles within the photic zone and
how many Fe cycles these particles could have undergone
before leaving the photic zone.
The maximum depth of the photic zone over the shelf is
inﬂuenced by the particle loading in the water column (bacteria, minerals, organics, etc.), which can vary due to volcanic eruptions, bacterial plumes or, closer to the shore,
increased detrital sediment input. In modern oceans, 95%
of the light is absorbed within the ﬁrst approximately
100 m of the water column. In turbid coastal waters, this
depth may be reduced to a few meters (Stewart, 2008;
Hempel et al., 2016). In the Black Sea, anoxygenic phototrophs have been reported to occur in depths between
60 and 120 m (Repeta et al., 1989; Manske et al., 2005).
Crowe et al. (2008) reported the presence of putative photoferrotrophs from depths between 110 and 120 m in Lake
Matano (Indonesia), a modern-day analogue for ferruginous Archean oceans. In contrast, Llirós et al. (2015)
reported > 90% of the photosynthetically active light to
have been absorbed within the ﬁrst 10 m of the ferruginous
water column of Kabuno Bay, Lake Kivu, Eastern Africa
(DR Kongo), with peak bacteriochlorophyll e concentrations between 10 and 12 m water depth. In order to address
these contrasting conditions, we will consider two endmember scenarios where (1) photoferrotrophy occurs until
depths of 100 m before mineral particles exit the photic
zone and (2) photoferrotrophs are only active within the
top 10 m of the water column.
Considering these two endmember scenarios, microbial
Fe cycling linking photoferrotrophy and microbial Fe(III)
reduction could have taken place during 5% (10 m photic
depth) to 50% (100 m photic depth) of the time required
by cell-Fe(III) mineral aggregates to be deposited seaﬂoor
(depth of the shelf, 200 m; Table 2, supplementary text
S9). However, these calculations would also need to consider the maximum Fe(II) oxidation rates, which are dependent on the concentrations of Fe(II). Unfortunately, due to
experimental constraints to obtain a suﬃcient quantity of
Fe minerals for analysis, our experiments required mM
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concentrations of Fe(II). While this is in line with estimations for the upper end of concentrations assumed for the
Precambrian ocean (several mM; Jiang and Tosca, 2019),
our concentrations exceeded estimates at the lower end of
the assumed concentrations by approximately an order of
magnitude (0.03–0.5 mM; Holland, 1973; Morris, 1993).
Therefore, in order to also consider these low concentrations and instead of trying to adapt our experimentally
derived maximum rates to them, we compare the time
required for three microbial Fe cycles in our experiments
to the time theoretically required by the mineral particles
to sink through the photic zone. Despite the discrepancy
in the Fe(II) concentrations, this should thus still provide
us with an estimate about the extent of microbial Fe cycling
(the number of cycles) in the water column during the deposition of BIFs.
The results of our estimates regarding the extent of
microbial Fe cycling occurring at diﬀerent Si concentrations
are summarized in Table 2. Due to the similarity in the
results of the low Si and high Si setups, and in order to consider the most conservative scenario, we will focus on the
high Si setup in the following discussion. If the photic zone
was relatively shallow (10 m), then microbial water column
Fe cycling likely only played a minor role. The average photic zone residence time of cell-mineral aggregates would
have been 11.07 days, whereas the majority of the aggregates would have passed through the photic zone in only
1.94 days, allowing for less than one microbial Fe cycle
(Table 2, supplementary text S9). If, on the other hand,
the photic zone extended to approximately 100 m, the inﬂuence of microbial Fe cycling would have been much more
prominent. The average photic zone residence time of any
given aggregate would have increased to ca. 110 days, with
the majority of aggregates exiting the photic zone after ca.
19 days. Consequently, individual aggregates might, on
average, have been cycled more than 8 times (8.74 times),
with the majority having been cycled at least 1.53 times
before leaving the photic zone. Our values bracket and
are in good agreement with results of Bauer et al. (2020),
who estimated that Fe(II) in the Malili lake system (as
modern-day analogue to the Precambrian ocean) is cycled
2–3 times before being removed from the system through
sedimentation and burial. Similar to our study, Roland
et al. (2021) observed that in Kabuno Bay (as another
modern-day analogue), the Fe was cycled up to 11 times
before sedimentation.
Another consequence of the attenuation of light with
increasing water depth is that this inﬂuences the relative
importance of photoferrotrophy vs. microbial Fe(III)
reduction. In our experiments, the oxidative half cycles
were performed at or close to light saturation, which generally resulted in net Fe(II) oxidation during oxidative half
cycles (despite Fe(III) reduction probably occurring at the
same time). However, considering decreasing light availability at increasing water depth, the eﬃcacy with which
Fe(II) is oxidized photosynthetically will also be reduced.
Indeed, Kappler et al. (2005) suggested that at 100 m depth
the rate with which Fe(II) is oxidized would be only 20% of
the surface level. In contrast, Fe(III)-reducing bacteria
would be unaﬀected by changing light levels. Therefore,
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depending on the water depth, the extent to which Fe is
cycled within and below the photic zone would be aﬀected.
An additional factor expected to inﬂuence Fe cycling is
the use of co-substrates by photoferrotrophs, i.e., the simultaneous use of Fe(II) and fatty acids (see Section 3.1). Past
studies showed that the presence of both Fe(II) and fatty
acids increased cell numbers (Heising et al., 1999; Melton
et al., 2014). This either resulted in enhanced Fe(II) oxidation, or, depending on the substrate preference, fatty acids
were consumed before Fe(II), thus delaying Fe(II) oxidation (Melton et al., 2014). Similarly, Croal et al. (2009)
found that the presence of a co-substrate (H2) limited Fe(II)
oxidation by their tested photoferrotrophic strains.
Additionally, high frequency redox oscillations have been
found to increase the rate with which Fe(III)-reducing bacteria reduce Fe(III) (e.g., Ginn et al., 2017; Barcellos et al.,
2018). This has been attributed to the ability of bacteria to
maintain their activity during shorter redox oscillations and
to their constant stimulation by repeated pulses of
substrate. In turn, the constant re-supply of Fe(II) would
have a similar stimulating eﬀect on photoferrotrophs, thus
enhancing the eﬃcacy with which they re-oxidize the
Fe(II), resulting in a highly eﬃcient microbial Fe cycle even
at reduced light conditions deeper in the photic zone
(Fig. 7).

Fig. 7. Microbial Fe cycling occurring in the water column during
the deposition of BIFs. Hydrothermally derived Fe2+ is oxidized by
photoferrotrophs, resulting in the co-precipitation of ferrihydrite
(Fh), polymeric and complicated Corg (microbial cells, EPS) and Si.
These cell-Fe(III) mineral aggregates are then reduced by Fe(III)reducing bacteria within the water column, resulting in the
reduction of Fh, the formation of a Fe(II) mineral (siderite and/
or a Fe(II)-silicate) and the concomitant release of Si and Corg from
the aggregates. The co-occurrence of photoferrotrophs and Fe(III)reducing bacteria results in a highly dynamic microbial Fe cycling.
With waning light intensity deeper in the water column the Fe
cycling is increasingly dominated by microbial Fe(III) reduction
and ceases once individual cell-mineral aggregates sink below the
photic depth, resulting in the deposition of ferrihydrite and a Fe(II)
mineral mixture at the ocean ﬂoor together with polymeric and
complicated Corg and Si, albeit the latter two are to some extent
released from the aggregates during water column Fe cycling.

4.4.2. Consequences of microbial Fe cycling for the
mineralogy and composition of primary BIF sediments
The composition of the primary BIF sediment would
have been heavily dependent on the frequency of microbial
Fe cycling during the initial deposition of BIFs and the seawater Si concentration. At high seawater Si concentrations
(approaching saturation with regards to amorphous Si) and
moderate water column Fe cycling (1 full cycle) during the
deposition of BIF, the composition of the primary sediment
would have been dominated by a primary SRO Fe(III)
(oxyhydr)oxide (e.g., ferrihydrite) with up to 10% of a
Fe(II) mineral. In contrast, if there would have been extensive Fe cycling (over 8 full cycles), the primary sediment
would have consisted of up to 50% SRO Fe(III)
(oxyhydr)oxide and 50% of a Fe(II) mineral phase (Fig. 7).
At low seawater Si concentrations (saturation with
regards to cristobalite, 0.67 mM; Maliva et al., 2005) the
Fe(III) mineral phase would have consisted of a mixture
of a SRO Fe(III) mineral (ferrihydrite) and goethite. Additionally, compared to high seawater Si concentrations the
formation of an Fe(II) mineral phase would have been limited. In case of moderate water column Fe cycling (1 full
cycle), no Fe(II) mineral phase would have been formed
and even during extensive Fe cycling (over 8 full cycles)
the extent of Fe(II) mineral formation would not have
exceeded 10%. However, both at low and high seawater
Si concentrations, the reductive dissolution of the Fe(III)
mineral phase during microbial Fe(III) reduction would
have resulted in the release of polymeric and complicated
Corg and Si from the cell-mineral aggregates (Fig. 7).
Our experimental data suggest the possible formation of
an (X-ray amorphous) Fe(II)-Si mineral phase instead of
siderite or magnetite during microbial water column Fe
cycling. Previous studies have advanced the idea that an
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Table 2
Summary of sedimentation rates, water column residence time and parameters determining microbial Fe cycling inside the photic zone for Si
concentrations bracketing expected Precambrian ocean concentrations (0.67–2.2 mM Si).
Time metabolically active [d] a
Aggregate size [mm]
Corrected sedimentation rate [m h1]
Aggregate water column residence
time [d] b
10 m photic zone
Time inside photic zone [d]
Number of Fe cycles c
100 m photic zone
Time inside photic zone [d]
Number of Fe cycles c

Low Si

High Si

40
12.95 (17.90 ± 16.40)
0.25 (0.87 ± 1.65)
33.59 (280 ± 782.69)

38
13.23 (16.01 ± 12.72)
0.22 (0.51 ± 1.05)
38.75 (221.44 ± 1126.54)

1.68 (14.05 ± 39.13)
0.13 (1.05 ± 2.94)

1.94 (11.07 ± 56.33)
0.15 (0.87 ± 4.45)

16.79 (140.45 ± 391.35)
1.26 (10.53 ± 29.35)

19.37 (110.72 ± 563.27)
1.53 (8.74 ± 44.47)

Calculated values are based on results for particle size and sedimentation rate (see Section 3.3 and supplementary text S1). All values represent
median values. Values in parentheses are mean ± standard deviation. n = 148 for ‘‘low Si” and n = 135 for ‘‘high Si”. A full breakdown of all
calculations is provided in supplementary text S9 and a complete distribution of settling velocities given in Fig. S8. All calculations are based
number-averaged rather than mass-averaged aggregate sizes (see Section 3.3).
a
Based on 3 microbial Fe cycles performed in our experiments. We deﬁne the time until either  95% of the Fe(II) was oxidized or  70% of
the initially oxidized Fe(II) was reduced again as ‘‘metabolically active.”
b
Assuming BIFs were deposited at the depth of the shelf, at depths exceeding modern storm-wave base.
c
Based on 3 microbial Fe cycles performed in our experiments.

Fe(II)-silicate, such as greenalite, instead of Fe(III) (oxyhydr)oxides could have been the primary seawater precipitate during BIF deposition thus forming the precursor
sediment to BIFs (e.g., Rasmussen et al., 2017, 2021;
Muhling and Rasmussen, 2020). This view has been contested based on the slightly alkaline pH required for its formation (7.5–8.0 or higher; e.g. Klein, 2005; Beukes and
Gutzmer, 2008; Tosca et al., 2016; Halevy et al., 2017;
Rasmussen et al., 2020), which has been suggested to be
at odds with the slightly acidic to circumneutral pH conditions of an Archean to early Paleoproterozoic ocean
(Halevy and Bachan, 2017; Krissansen-Totton et al.,
2018) and the low probability of basin-scale secondary oxidation (Robbins et al., 2019). Based on our mineralogical
data a layered Fe(II) mineral or an amorphous Fe(II)silicate (potentially a precursor to a mineral such as greenalite) could have been formed during microbial water column Fe cycling from a primary Fe(III) (oxyhydr)oxide
such as ferrihydrite or goethite. In this regard the Fe(II)
mineral phase would represent a ‘‘secondary seawater precipitate”, which would explain its apparent primary features deduced from petrographic studies (e.g., Rasmussen
et al., 2013; Rasmussen et al., 2015; Rasmussen et al.,
2017). Consequently, depending on the seawater Si concentration and the extent of microbial water column Fe
cycling, the minerals ultimately deposited on the seaﬂoor
would have been a Fe(III) (oxyhydr)oxide (ferrihydrite or
goethite) mixed with 10–50% of a Fe(II) mineral phase such
as a Fe(II)-silicate.
In contrast to Fe(III) (oxyhydr)oxides and Fe(II)silicates, siderite and magnetite likely formed later during
sedimentary diagenesis as suggested by various petrographic and isotope geochemical studies (e.g. Beukes,
1973; Johnson et al., 2003, 2008, 2013; Fischer et al.,
2009; Pecoits et al., 2009; Heimann et al., 2010;
Steinhoefel et al., 2010; Craddock and Dauphas, 2011;
Wang et al., 2015; Teixeira et al., 2017). In the open water

column, siderite precipitation was likely limited by low
growth kinetics (Jiang and Tosca, 2020), while polymeric
and complicated Corg and Si that were co-precipitated with
the Fe(III) (oxyhydr)oxides inhibited magnetite formation.
Depending on the relative abundance of Fe(II), HCO–3 and
Fe(III) (oxyhydr)oxides, siderite might have been formed
under semi-secluded conditions in the soft sediment if
Fe(II) and HCO–3 accumulated to concentrations above a
critical threshold (Heimann et al., 2010; Jiang and Tosca,
2020). Alternatively, siderite could have been formed during low-grade metamorphism through the thermochemical
reduction of primary Fe(III) (oxyhydr)oxides coupled to
organic carbon oxidation (Köhler et al., 2013; Posth
et al., 2013; Halama et al., 2016).
Magnetite has been found to structurally overgrow
hematite and siderite (e.g. Ayres, 1972; Ewers and Morris,
1981; Beukes and Gutzmer, 2008; Pecoits et al., 2009;
Rasmussen and Muhling, 2018), thus rather supporting its
formation later in the paragenetic sequence during sediment
diagenesis or possibly low-grade metamorphism. Magnetite
formation could have been enabled by the release of polymeric and complicated Corg and Si during Fe cycling in
the water column (Fig. 7). The lower extent of adsorbed
Si and polymeric and complicated Corg could have facilitated the adsorption of Fe(II) required for the solid-state
conversion of the remaining ferrihydrite into magnetite
(Hansel et al., 2005). Additionally, the progressive burial
of the sediment could have reduced or cut oﬀ the inﬁltration
of seawater into the sediment, and therefore, also the supply of seawater-derived HCO–3, thus favoring the formation
of magnetite over siderite (Heimann et al., 2010).
5. CONCLUSIONS
Past experimental studies evaluating the mechanisms
underlying the (trans-)formation of BIFs often considered
only a single mechanism concerning either; (1) the initial
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mineral deposition, driven either biotically by photoferrotrophs or cyanobacteria or abiotically through precipitation of Fe(II)-silicates, or (2) post-depositional alteration
during (microbial) diagenesis or low-grade metamorphism.
Here we experimentally determined how, and to which
extent, two such mechanisms suggested to have played a
major role in the genesis of BIFs, water column photoferrotrophy and microbial Fe(III) reduction, may have interacted during the genesis of BIFs. To this end, we cocultivated a marine photoferrotroph and a marine Fe(III)reducing culture under conditions relevant for the Precambrian ocean. We speciﬁcally determined; (1) how Fe(II)oxidizing and Fe(III)-reducing bacteria would have interacted during repeated and dynamic microbial water column
Fe cycling, and (2) how this would have inﬂuenced the nature, composition and mineralogy of primary BIF
sediments.
Our results demonstrate that the co-cultivation of
photoferrotrophs and Fe(III)-reducing bacteria resulted in
highly dynamic microbial Fe cycling, which persisted over
several consecutive Fe cycles. Generally, Fe(II) oxidation
resulted in the co-precipitation of microbially derived
organics, Fe(III) minerals (ferrihydrite and/or goethite)
and Si, whereas Fe(III) reduction resulted in the reductive
dissolution of Fe(III) minerals, the release of organics and
Si, and, depending on the Si concentration, the formation
of varying amounts of a Fe(II) mineral phase (possibly a
Fe(II)-bearing silicate). While some of the Fe(II)-silicates
in BIF might therefore be considered as having formed during microbial Fe cycling in the water column, we found no
clear indication for siderite and no evidence for magnetite
formation in any of our experiments. Furthermore,
although our study suggests that Fe(III) minerals instead
of the Fe(II)-bearing silicates would have been the primary
seawater precipitate, we stress that water column Fe cycling
might potentially have facilitated the formation of some
Fe(II)-bearing silicates and their subsequent deposition on
the seaﬂoor. In short, we suggest that while ferrihydrite as
well as a Fe(II)-bearing silicate likely formed during microbial Fe cycling in the water column, siderite and magnetite
formed during BIF sediment diagenesis.
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